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Abstract

The ocean plays a central role in the climate system by absorbing excess anthro-
pogenic heat and carbon dioxide. Moreover, the ocean circulation distributes
heat from the tropics towards the poles. Due to the large ocean stratifica-
tion, vertical exchanges between the ocean interior and the surface are limited.
Subduction links the ocean surface and its interior and occurs in winter at
mid- or high-latitudes, where the mixed layers (MLs) are deep. In subtropi-
cal regions, temperature and salinity decrease below the ML. Temperature has
thus a stabilising effect, while salinity has a destabilising effect, a stratifica-
tion regime called alpha ocean. Opposite, in polar regions, temperature and
salinity increase below the ML, and salinity is the stabilising factor, a regime
called beta ocean. In between these two regimes lies the polar transition zone
(PTZ), where both temperature and salinity are stabilising. Despite the im-
portance of the alpha-beta distinction, the underlying mechanisms controlling
these regimes remain unclear. This thesis investigates the factors influencing
the upper ocean stratification and the deep MLs adjacent to the PTZs. From
observational profiles, we produce novel climatologies of the upper ocean prop-
erties. These climatologies confirm that MLs are deep on the poleward flanks
of the alpha oceans. Deep MLs are also present in the beta ocean along the
coast of Antarctica. In winter, the transition between the different regimes is
abrupt. In summer, both temperature and salinity stratify almost the entire
ocean. Based on idealised numerical simulations and observations, we find that
the buoyancy fluxes largely determine the position of the PTZ. By stabilising
the water column poleward of the PTZ, buoyancy fluxes inhibit convection,
permitting beta-ocean formation. The exact position of the PTZ and the adja-
cent deep MLs are determined by the competition between the winter buoyancy
loss and the strength of the existing stratification. Importantly, the impact of
heat flux on buoyancy is scaled by the thermal expansion coefficient (TEC).
The TEC is a strong function of the temperature, a property unique to wa-
ter. This diminishes the buoyancy fluxes over cold waters. We find that the
local value of the TEC in the subpolar region is of paramount importance in
controlling the winter buoyancy loss and stratification, and thus the position
of the PTZ. A larger TEC value would cause the alpha ocean to extend pole-
ward, inhibiting beta-ocean formation. Considering the importance of the beta
ocean in sea-ice formation, the Earth’s climate is influenced by the TEC values,
which are directly linked to the ocean surface temperature. In summary, this
thesis enlightens the central role of the TEC in modulating buoyancy fluxes
and thereby controlling the alpha-beta ocean distinction.
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Sammanfattning

Havet spelar en central roll i jordens klimatsystem genom att absorbera en del
av överskottet av antropogen värme och koldioxid. Dessutom omfördelar havs-
cirkulationen värme från tropikerna till polerna. På grund av havets starka
densitetsskiktning är vertikalt utbyte mellan havets yta och de djupare vatten-
massorna begränsat. Subduktion är en process som kopplar havsytan till havets
inre, vilket sker under vintern på mellan- och höga latituder, där det översta
välblandade skiktet (mixed layer, ML) är djupt. I subtropiska hav minskar tem-
peraturen och salthalten under ML. Temperaturen har därmed en stabiliserande
effekt, medan salthalten har en destabiliserande effekt. Denna skiktningsregim
kallas alphahav. I motsats till detta har polarhaven ökande salthalt och tem-
peratur under ML, vilket leder till att salthalten är stabiliserande. Denna
regim kallas betahav. Mellan alpha- och betaregimerna ligger den polara tran-
sitionszonen (PTZ), som är en regim där såväl temperatur som salthalt är
stabiliserande. Trots att distinktionen mellan alpha- och betahav är viktig
är de underliggande mekanismerna som kontrollerar dessa regimer inte klar-
lagda. Denna avhandling undersöker faktorerna som påverkar skiktningen i
havets översta del och de djupa ML som återfinns i anslutning till PTZ. Vi an-
vänder profiler av salthalt och temperatur från observationer för att producera
nya klimatologier av de tre regimerna. Dessa klimatologiska data bekräftar att
ML är djupt i den del av alphahaven som ligger närmast polerna. Djupa ML
återfinns också i betahavet längs Antarktis kust. Under vintern är övergången
mellan de olika regimerna abrupt. Under sommaren bidrar både temperatur-
och salthaltsfördelning till skiktningen i nästan hela havet. Baserat på idealis-
erade numeriska simuleringar och observationer av skiktning och flytkraftsflö-
den, finner vi att flytkraftsflöden till stor del bestämmer positionen för PTZ.
Genom att stabilisera vattenpelaren på den sida av PTZ som är närmast polen
begränsar flytkraftsflödena konvektiva processer och tillåter därmed att beta-
hav uppstår. Den exakta positionen av PTZ och de närliggande djupa ML
bestäms av en balans mellan förlust av flytkraft under vintern och motstånd-
skraften hos den existerande skiktningen. En viktig faktor är att värmeflödets
inverkan på flytkraftsflödet ändras med värdet på den termiska expansionskoef-
ficienten (TEC). TEC är starkt beroende av vattnets temperatur – en egenskap
som är unik för vatten. Denna egenskap leder till minskade flytkraftsflöden i
kallt vatten. Vi finner att det lokala värdet av TEC i den subpolära regionen
spelar en mycket viktig roll i att reglera vinterns flytkraftsförlust och stratifier-
ing, och därmed positionen för PTZ. Ett högre värde på TEC skulle orsaka att
alphahavet expanderar mot polen och hindrar att betahav bildas. På grund av
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betahavets betydelse för bildning av havsis påverkas jordens klimat följaktligen
av TEC värdena, som är direkt kopplade till havets yttemperatur. Samman-
fattningsvis belyser denna avhandling den centrala roll som TEC spelar i att
modulera flytkraftsflöden och därmed i att styra övergången mellan alpha- och
betahav.
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Chapter 1

Introduction

More than 50 years ago, pioneering work conducted by Manabe and Wetherald
(1967) paved the way to showing the dominant role of carbon dioxide (CO2)
in setting the climate temperature. An increase in CO2 leads to an increase
in the temperature of the atmosphere at the surface of the Earth (Manabe &
Wetherald, 1975). This result was found using atmospheric models without any
ocean heat transport. However, because of its large heat capacity, the ocean
is able to absorb part of the excess heat of the atmosphere (Oeschger et al.,
1975; Cess & Goldenberg, 1981). Furthermore, the ocean mitigates atmospheric
climate change by absorbing part of the anthropogenic CO2 (Sabine et al.,
2004), concurrently leading to acidification of the ocean (Doney et al., 2009).
Moreover, the ocean provides a massive heat and moisture reservoir to the
atmosphere, and the oceanic circulation plays a key role in the climate system
(Rhines et al., 2008). The exact heat and carbon pathways in the ocean are
still not fully understood (Ridge & McKinley, 2021; Gruber et al., 2023).

The global ocean circulation and the vertical fluxes in the ocean are intrin-
sically linked to the vertical variations of seawater density with depth. The
stratification strength is measured by the vertical derivative of density; thus,
homogeneous water is unstratified. At the surface, a homogeneous layer called
the mixed layer (ML) lies over the pycnocline, where density increases rapidly
with depth. By contrast, the deep ocean is weakly stratified. Through its large
stratification, the pycnocline blocks vertical mixing, and the result is that the
deep ocean is isolated from the atmosphere (Sprintall & Cronin, 2009).

Stratification changes if the density of one layer changes, which can happen
by surface buoyancy fluxes, mixing, advection, or diffusion of temperature or
salinity (pure “warming” or “freshening”; Bindoff & McDougall, 1994). Another
way to change stratification is when isopycnal depth changes without the ther-
mohaline properties changing (“heaving” of isopycnals; Bindoff & McDougall,
1994). Ekman pumping and suction are the processes of water downwelling
and upwelling induced by the curl of the wind stress. These adiabatic effects
can thus change the upper ocean stratification by heaving.
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alpha
transition
beta

Figure 1.1: Location of the WOCE IO9S transect in the Southern Ocean. The three dots are

the location of the profiles in Fig. 1.3. Figure adapted from Caneill and Roquet (2023).

1.1 Alpha – beta oceans

Temperature and salinity in the ocean vary horizontally and vertically. When
looking at a transect of temperature and salinity between Australia and Antarc-
tica along the IO9S section defined by the World Ocean Circulation Experiment
(WOCE) (Fig. 1.1), two very different regimes are visible (Figs. 1.2 and 1.3).
In the subtropical region, close to Australia, the surface temperature is warm
(approximately 18 ◦C) and decreases with depth to about 10 ◦C at 400 m deep.
Opposite, in the polar region, the near-surface temperature is −1 ◦C and in-
creases with depth to 2 ◦C at 400 m. The transect of Figs. 1.2 and 1.3 has
been measured in the summer, so a shallow warm layer occupies the upper 100
meters. The variation of temperature with depth thus follows an opposing pat-
tern in subtropical regions (temperature decreases with depth) compared to
polar regions (temperature increases with depth below the winter layer). Salin-
ity follows a similar pattern as temperature: salinity decreases with depth in
the subtropics, while in the polar region it increases with depth. These two
opposite thermohaline structures have been called alpha and beta oceans by
Carmack (2007), representative of subtropical and polar regions, respectively.

The density of seawater decreases with temperature and increases with salin-
ity. Light water always lies above denser water in stable conditions. Thus,
when temperature decreases with depth or salinity increases with depth, they
contribute to stabilising the water column. Conversely, when temperature in-
creases with depth or salinity decreases with depth, they decrease the stability
of the water column. In an alpha ocean, temperature is thus the stabilising
component, while salinity tends to decrease stability. It is the opposite in the
beta ocean, where salinity is the stratifying component. In between the alpha
and beta oceans lies a transition zone, which is usually quite narrow. Here,
both temperature and salinity contribute to stability. The progression from al-
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pha ocean to transition zone to beta ocean, from subtropical to polar regions
is a remarkable feature found in the North Atlantic Ocean, the North Pacific
Ocean, and the Southern Ocean (SO) (Pollard et al., 2002; You, 2002; Car-
mack, 2007; Stewart & Haine, 2016). Figure 1.4 presents the distribution of
the different zones (adapted from Roquet et al. (2022)).

The alpha – beta distinction has multiple implications. Sea ice can only form
if a strong halocline prevents heat-loss-driven convection, a condition found in
the beta oceans (Carmack, 2007). At the same time, in the beta oceans, the
reservoir of heat located at depth can limit sea-ice growth if the ML reaches
this reservoir (Polyakov et al., 2013; Wilson et al., 2019). Sea ice increases
the albedo of the ocean and creates feedback on the climate, so a decrease
of sea ice in a warmer climate causes a general decrease of the ocean albedo
and thus an increase in heat absorption (Curry et al., 1995). Antarctic and
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Arctic sea-ice extent and properties are changing, and so is the albedo (Perovich
& Polashenski, 2012). A decrease in the beta oceans’ extent could amplify
the decrease in sea ice and, furthermore, amplify the response on the climate
system.

The Nordic Seas are situated in a transition zone between the alpha and
beta oceans, in which currents and deep water formation are largely impacted
by freshwater fluxes (Lambert et al., 2018). Winter MLs are generally deeper
in regions stabilised by temperature than when salinity stratifies, which makes
the beta ocean able to re-stratify faster (Carmack, 2007). The Barents Sea
encounters an increase in heat content induced by the advection of warm water
from the Atlantic Ocean, which drives the decrease of sea ice (Årthun et al.,
2012; Onarheim et al., 2015). In the Barents Sea, alpha and beta oceans are
separated by the Polar Front, which, even if constrained by topography, has
intensified since 2005 (Barton et al., 2018). In the global oceans, the transition
zones seem to be key places highly sensitive to changes in climate and ocean
circulation.

In alpha and beta oceans, when temperature and salinity effects on strati-
fication partially compensate, the water column is subject to double diffusion,
a process that contributes to interior mixing (Stern, 1960; Schmitt, 1994; You,
2002). In the transition zone, both temperature and salinity increase the sta-
bility; consequently, double diffusion does not occur there.

The permanent halocline characteristic of beta oceans is formed as polar
regions encounter more precipitation than evaporation (Carmack et al., 2016;
Pellichero et al., 2018). Added to this freshwater excess, the high-latitude
ocean loses heat, so the surface temperature becomes cold. The opposite hap-
pens in the subtropics, where the ocean evaporates and gains heat, promoting
the formation of the thermocline and high surface salinity. Carmack (2007) hy-
pothesised that the thermodynamics of seawater could also play a major role
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in the alpha – beta distinction. Yet, the mechanisms behind the alpha – beta
distinction remain to be properly described.

1.2 Thermodynamics of seawater

Surface temperature and salinity vary because of, e.g., solar warming, evapo-
ration, sea-ice formation or melt, precipitation, river runoff, and the exchange
of heat with the atmosphere. In regions where water sinks to depth and loses
contact with the atmosphere, the water masses keep their properties. As the
mixing in the ocean interior is reduced compared to the changes induced by
surface forcing, these properties are mostly conserved along the way. There are
exceptions, such as close to the seafloor, where dissipation of internal waves
enhances vertical mixing and thus the consumption of dense, deep water.

At the surface, the combined effects of temperature and salinity set the
density of water. At depth, the pressure also impacts the density: while be-
ing almost incompressible, seawater density still increases with depth as the
pressure becomes very large in the ocean interior. The function giving density
from temperature, salinity, and pressure is called the equation of state (EOS).
The EOS is a nonlinear relationship. The main nonlinearities arise from the
dependence on temperature and pressure.

The temperature-induced nonlinearity makes the thermal expansion coeffi-
cient (TEC) vary with temperature and produces the following effect: a varia-
tion of 1 ◦C in temperature produces a different variation in density depending
on the original temperature. In cold water, the density almost does not change
with temperature changes, while it changes a lot in warm temperatures. At
low salinities, water can even contract upon warming near the freezing point.
Through this effect, when two water parcels with the same density but differ-
ent compensating temperatures and salinities mix, the resulting water parcel
becomes necessarily denser. This effect is called “contraction under mixing”,
or cabbeling. The nonlinearity in pressure arises as the effect of temperature
on density depends on the pressure (it can also be seen the other way around:
the effect of pressure on density depends on temperature). The resulting effect,
called thermobaricity, implies that two water parcels having the same density
at a certain depth (but different temperature and salinity) will not have the
same density as each other when the pressure changes.

Cabbeling and thermobaricity have been recognised as important contribu-
tions to interior water mass transformation in the ocean (Garrett & Horne,
1978; McDougall & You, 1990; Iudicone et al., 2008; Klocker & McDougall,
2010; Stewart & Haine, 2016; Groeskamp et al., 2016; Thomas & Shakespeare,
2015). Numerical simulations with modified equations of states have shown
that the global circulation and properties are dependent on the used EOS and
its nonlinearities (de Boer et al., 2007; Roquet et al., 2015b; Nycander et al.,
2015). Rooth (1982), Bryan (1986), and Aagaard and Carmack (1989) pointed
out that the decrease in thermal expansion in cold water is likely to enhance
the role of salinity in polar regions. While looking at the effect of the EOS
on global circulation, this thesis does, however, not focus on cabbeling and
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thermobaricity, which are interior mixing processes, but rather on the surface
forcing and how it might depend on the TEC.

1.3 Buoyancy fluxes, wind, and overturning

Density of water changes at the surface due to heat and freshwater fluxes. The
change in density is quantified by the buoyancy fluxes, which have thermal and
haline components coming from heat and freshwater fluxes, respectively. At
the surface, for seawater with salinity above 25 g kg−1, the maximum density
is always found at the freezing point (θ = −1.9 ◦C). This means that heat
and freshwater gain decrease density (positive buoyancy fluxes). In contrast,
heat and freshwater loss increase density (negative buoyancy fluxes). Heat
and freshwater fluxes are often compensating as cooling regions tend to receive
excess precipitations and vice versa. As a consequence, the buoyancy fluxes are
the result of the competition between them (Schmitt et al., 1989).

The ocean is forced at its surface by buoyancy fluxes, which set density, and
wind stress, that provides momentum and energy for mixing. The horizontal
circulations in the gyres are mainly driven by the curl of wind stress induced
by the so-called Sverdrup balance (Sverdrup, 1947; Stommel, 1948; Munk,
1950). However, by changing the density and thus the pressure field, buoyancy
fluxes alone can also generate horizontal currents in geostrophic balance (e.g.,
de Verdière, 1988).

For a long time, buoyancy fluxes along with interior mixing were consid-
ered responsible for the overturning circulation in the ocean. Dense waters are
formed at high latitudes sink and are consumed by vertical mixing in the in-
terior (Stommel, 1958; Stommel & Arons, 1959; Stommel, 1961; Munk, 1966).
However, measurements of vertical diffusivity in the ocean interior were one
order of magnitude smaller than the one estimated to consume enough water
and produce the observed overturning. Large vertical mixing is enhanced over
rough topography and low elsewhere (Polzin et al., 1997).

Later, wind stress driving northward Ekman transport and upward Ekman
suction in the SO has been recognised as the driver of an adiabatic overturning
cell. The upwelling of water from the ocean interior towards the surface results
in the steepening of isopycnals. Mesoscale eddies tend to flatten the isopycnals
and counteract the effect of wind. Wind is thus considered the main driver of
the upper cell of the overturning circulation (e.g., Toggweiler & Samuels, 1998;
Wolfe & Cessi, 2010; Cessi, 2019). However, on the complete opposite view,
numerical experiments have shown that in the presence of a reentrant channel,
buoyancy fluxes alone could drive overturning and deep stratification (Barkan
et al., 2013; Sohail et al., 2019; Klocker et al., 2023b).

In all cases, the SO is a central place for setting the general circulation. The
next section describes this ocean.
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Figure 1.5: Splihaus projection of the world oceans. The arrows represent a highly simplified

view of the global overturning circulation, with surface currents in red and deep currents in

blue. The Southern Ocean appears to connect the Atlantic, Pacific, and Indian basins. Figure

from Meredith (2019).

1.4 The Southern Ocean: a central point of the global circu-

lation

The SO connects the three major basins of the global ocean: the Atlantic,
Indian, and Pacific Oceans. This connection is best seen in the Spilhaus pro-
jection of the Earth’s oceans, where it appears that all oceans are large water
pools connected through the SO (Fig. 1.5, from Meredith (2019)). Each ocean
has its own thermohaline properties, so these properties become linked through
the SO.

The SO hosts the Antarctic Circumpolar Current (ACC), the world’s largest
oceanic current. The ACC flows without a meridional boundary blocking it and
has a transport of about 135 Sv at the Drake passage (Cunningham et al., 2003).
The ACC is zonally organised into fronts. These fronts have been historically
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defined based on hydrographic properties (e.g., Emery, 1977; Whitworth, 1980),
such as the geographical position of a certain isotherm at a certain depth (Belkin
& Gordon, 1996). These fronts are thus defined as the boundaries of different
water masses. Other definitions exist; instead of using a property, one can
use a gradient, refining the idea of a boundary between water masses. With
the era of satellite observations of sea surface height (SSH), other definitions
arose, where fronts are defined as dynamical fronts, i.e., they correspond to
the location of the jets that form the ACC. Indeed, horizontal gradients of
SSH are directly linked to surface velocities through geostrophy. The two main
fronts of interest in this thesis are the Subantarctic Front (SAF) and the Polar
Front (PF). The SAF is closely linked to the northern boundary of the ACC,
although its definition varies among the authors that define dynamic fronts.
North of the SAF, deep MLs are found in winter, where the Subantarctic Mode
Water (SAMW) originates. South of the SAF, a salinity minimum is found at
depth, a marker specific for the Antarctic Intermediate Water (AAIW). The
PF marks the northern extent of the cold Antarctic Surface Water. The SAF
and PF indicate the boundary between alpha – transition and transition – beta,
respectively (Pollard et al., 2002; Pauthenet et al., 2017).

The SO not only hosts a vigorous horizontal current but is also a key area
of formation of intermediate and deep water, playing an important role in the
global overturning circulation. Antarctic Bottom Water is mostly produced
close to the coast of Antarctica, where sea ice is formed, producing dense,
cold, and salty water that flows down to the bottom of the ocean. Intermediate
waters consist of SAMW and AAIW and form the upper limb of the overturning
circulation. These waters are formed north of the SAF and between the SAF
and PF, respectively. MLs that are deeper than 250 m north of the SAF form
the deep mixing band (DMB) (Dong et al., 2008; DuVivier et al., 2018). In
winter, intense heat loss and the Ekman transport of cold water deepen the
ML (Naveira Garabato et al., 2009; Holte et al., 2012; Rintoul & England,
2002). The SAMW originates from these deep MLs and reaches the permanent
pycnocline through lateral advection (Belkin & Gordon, 1996; Speer et al.,
2000; Hanawa & Talley, 2001; Sallée et al., 2010; Klocker et al., 2023a).

1.5 This thesis

We have seen that the boundaries between subtropical and subpolar regions,
particularly in the SO, are central to the global circulation in the oceans and
the climate. As the EOS is nonlinear, the effect of temperature on stratification
and the effect of heat fluxes on buoyancy fluxes are not the same depending
on the water temperature and, thus, depending on the region. The type of
stratification is similar in all the polar regions, and the transition between alpha
and beta is linked to intermediate water formation. The aim of this thesis is
to assert the role of the local value of the TEC in modulating buoyancy fluxes
and stratification strength, and thus to understand how this intrinsic property
of seawater controls part of the large-scale state of the oceans. This thesis
also contributes to the understanding and description of the SO fronts from
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the perspective of stratification regimes. Finally, this thesis provides a general
description of the alpha, beta, and transition zones in the global ocean.

We use a combination of numerical simulations in which we modify the
EOS to assess the role of the TEC and how changing the buoyancy fluxes of
thermal stratification modify the circulation and state of the ocean. We also
combine observational data to produce climatologies of stratification (strength
and regime) and buoyancy fluxes, which allows us to describe the processes
from which the DMB and transition zones are arising.

Chapter 2 briefly describes the data and methods used in this thesis; more
detailed descriptions are found in the attached papers. Based on Papers I and

II, Chapter 3 presents how the interplay between buoyancy fluxes and summer
stratification sets the winter stratification. Chapter 4 provides a summary of
the major role of the local value of the TEC in shaping the ocean state, using
Papers I, II, and IV. The global description of the stratification regimes is
done in Chapter 5 (Paper III). Finally, conclusions and perspectives are given
in Chapter 6.





Chapter 2
Data and methods

2.1 NEMO BASIN (Paper I)

This section presents the numerical model configuration used in Paper I. The
reader is referred to the paper for all details. The Nucleus for European Mod-
elling of the Ocean (NEMO) (Madec, 2019) ocean general circulation model
(OGCM) is used to assess the role of surface buoyancy fluxes on the type of
stratification of the subpolar regions.

The configuration represents an idealised basin with a size of 40◦ of longitude
and 60◦ of latitude, with its southern boundary at the equator. A 1◦ longitude
Mercator grid is used, and the topography is defined as slopes (Fig. 2.1a).
To better represent the western boundary currents, we use a terrain following
coordinate with 36 vertical levels, which allows the currents to adjust their
vorticity by going up or down the boundary slope. The topography is flattened
around the equator to minimise ageostrophic currents induced by the numerical
schemes. No wall is present at the equator, but a no-meridional flux condition is
applied. The turbulent kinetic energy (TKE) closure is used, with a background
diffusivity of 10−4 m2 s−1.

Heat and freshwater fluxes are represented using relaxation laws, so that
analytical functions for the restoring values of temperature and salinity are
provided. The heat flux is split into penetrative (solar) and non-penetrative
components. The wind stress is zonally constant, with no meridional compo-
nent. These forcing fields are inspired by Lévy et al. (2010) and Wolfe and
Cessi (2014) and represent zonal averages over the ocean (Fig. 2.1).

Due to the low resolution of the configuration, it can be run for 2000 years
until equilibrium is reached. The last 50 years are used for the analyses, either
as global time averages or monthly averages.

A novelty of these simulations is the use of the simplified equation of state
(EOS) proposed by Roquet et al. (2015b) (Eq. (2.1)). The thermal expansion
coefficient (TEC), α, is linearly dependent on temperature and pressure (Eq.
(2.2)), while the haline contraction coefficient (HCC), β, is constant (Eq. (2.3)).
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Figure 2.1: Bathymetry of the basin in a) and b). Forcing fields used by the model, with c) the

restoring temperature, d) the restoring salinity, e) the zonal wind stress. The average values

are plotted in black. For panels c), the gray zone represents the seasonal variations. Figure

adapted from Caneill et al. (2022).

Coefficient Value Description
a0 1.65 × 10−1 ◦C−1 kg m−3 linear thermal expansion coefficient
b0 7.6554 × 10−1(g/kg)−1kg m−3 linear haline expansion coefficient
Cb 9.9 × 10−3 ◦C−2 kg m−3 cabbeling coefficient
Th 2.4775 × 10−5 ◦C−1 dbar−1 kg m−3 thermobaric coefficient

Table 2.1: Default value of the simplified equation of state coefficients.

This allows us to adjust buoyancy fluxes and stratification by changing the
parameters of the TEC, a0 and Cb:

ρ(Θ, SA, p) = ρ0 −


a0 +

1

2
CbΘa + Thp


Θa + b0Sa (2.1)

α =
1

ρ0

(a0 + CbΘa + Thp) (2.2)

β =
b0

ρ0

(2.3)

with Θa = Θ − 10 ◦C, Sa = SA − 35 g kg−1, and p the pressure.

Five combinations of parameters are used to test the sensitivity of stratifi-
cation to annual buoyancy fluxes (Table 2.2).
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Name a0 in ◦C−1 kg m−3 Cb in ◦C−2 kg m−3

ref 1.65 × 10−1 9.9 × 10−3

A 1.65 × 10−1 13.2 × 10−3

B 1.45 × 10−1 8.7 × 10−3

C 1.85 × 10−1 11.1 × 10−3

D 1.65 × 10−1 6.6 × 10−3

Table 2.2: The five combinations of parameters.

2.2 Buoyancy fluxes and Ekman transport of buoyancy (Pa-

pers I and II)

Surface buoyancy fluxes are an essential component of global circulation, as they
modify water density. Thus, they are calculated both for the model simulations
and from observations. They are derived from heat and freshwater fluxes (e.g.,
Gill & Adrian, 1982):

B
surf =

gα

ρ0Cp

Qtot

︸ ︷︷ ︸
B

surf
Θ

−
gβS

ρ0

(E − P − R)

︸ ︷︷ ︸
B

surf
S

(2.4)

where g is the gravitational acceleration, Cp ≃ 3997 J kg−1 K−1 the heat ca-
pacity of seawater, Qtot the total heat flux in W m−2, E the evaporation, P
the precipitation, R the river runoff all in kg m−2 s−1, and S the surface salin-
ity. The buoyancy fluxes B

Surf are in m2 s−3. Buoyancy fluxes are heat and
freshwater fluxes scaled by α and β, respectively.

In Paper I, heat and freshwater fluxes are outputs of the NEMO simu-
lations. In Paper II, we used observations based on a mixture of different
products to compute the heat and freshwater fluxes in the Southern Ocean
(SO). The Objectively Analyzed Air-Sea Fluxes (OAflux) 1-degree dataset (Yu
& Weller, 2007) provides turbulent heat fluxes and evaporation. The third
generation International Satellite Cloud Climatology Project monthly means
(ISCCP-FH MPF) provides radiative fluxes (Schiffer & Rossow, 1983; Rossow
& Schiffer, 1999). The Global Precipitation Climatology Project (GPCP) Ver-
sion 2.3 provides precipitation (Adler et al., 2018). We used river runoff from
Estimating the Circulation and Climate of the Ocean (ECCO) Version 4, Re-
lease 4 (Forget et al., 2015). The reader is referred to Paper II for a more
detailed description of the datasets used. Due to the difficulties of computing
turbulent fluxes, following Schanze and Schmitt (2013), we removed the global
average (time, longitude, and latitude) of the heat and freshwater fluxes to get
a balance. We then define a cooling season (CS) from April to September in
the SO for estimating the buoyancy loss.

The Ekman transport advects cold and fresh water northward in the SO; this
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effect is taken into account by calculating the Ekman transport of buoyancy:

B
Ek
Θ = −

gα

ρ0f


τ y ∂Θ

∂x
− τx ∂Θ

∂y


(2.5)

B
Ek
S =

gβ

ρ0f


τ y ∂S

∂x
− τx ∂S

∂y


(2.6)

with τx and τ y the eastward and northward wind stress, respectively, and f the
Coriolis parameter. The fluxes B

Ek
Θ and B

Ek
S are contained within the Ekman

layer. When making the commonly used assumption that the Ekman layer
is entirely contained within the mixed layer (ML), the total buoyancy flux,
B = B

Ek +B
surf , is the buoyancy flux to the ML. We used daily averages from

the CMEMS “Global Ocean Wind L4 Reprocessed 6 Hourly Observations”
for wind stress and ARMOR3D weekly product (Guinehut et al., 2012) for
computing temperature and salinity gradients.

2.3 Columnar buoyancy (Paper II)

We use columnar buoyancy (CB) as an indicator of stratification strength (Las-
caratos & Nittis, 1998; Herrmann et al., 2008):

CB(Z) =
∫ 0

Z
−zN2(z)dz (2.7)

with the z-axis oriented upward, Z the depth at which the CB is computed, and
N2(z) = − g

ρ̃θ

∂ρ̃θ

∂z
the squared buoyancy frequency. ρ̃θ is the locally referenced

potential density (Vallis, 2017). In our case, using potential density reference
at the surface instead of locally referenced potential density to compute N2(z)
leads to negligible differences. This way, the formula can be expressed by
using density profiles instead of doing two numerical operations (differentiation
followed by summation). Integration by parts of Eq. (2.7) then gives:

CB(Z) ≃
g

ρ0

∫ 0

Z
[ρθ(Z) − ρθ(z)] dz (2.8)

The CB is positive in a stable stratification. It represents the amount of buoy-
ancy that must be lost to produce a ML of depth Z and of potential density
ρθ(Z). Dividing it by a time gives the buoyancy flux that must be applied
during this time to form this ML, called BZ (Faure & Kawai, 2015). We only
consider BZ to the depth of 250 m (i.e., B250), which is the threshold for defining
deep ML used by DuVivier et al. (2018):

B250 =
−CB(−250)

∆t
(2.9)

The ocean loses buoyancy during six months of the year, so to allow a direct
comparison between the mean buoyancy loss and stratification, we took six
months for ∆t.
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B250 can be split into the thermal and haline components to quantify their
individual effects:

B250 =
g

∆t

∫ 0

−250

α(z)
∂Θ

∂z
zdz

︸ ︷︷ ︸
BΘ

250

−
g

∆t

∫ 0

−250

β(z)
∂S

∂z
zdz

︸ ︷︷ ︸
BS

250

(2.10)

In Paper II, B250 is computed using the Monthly Isopycnal & Mixed-layer
Ocean Climatology (MIMOC) in depth coordinates produced by Schmidtko et
al. (2013).

2.4 Stratification Control Index (Papers I, III, and IV)

To compare the relative impact of temperature and salinity on stratification
strength, we define the stratification control index (SCI):

SCI =
N2

Θ − N2
S

N2
Θ

+ N2
S

(2.11)

N2 = −
g

ρ0

∂ρΘ

∂z
= N2

Θ + N2

S (2.12)

N2

Θ = gα
∂Θ

∂z
(2.13)

N2

S = −gβ
∂SA

∂z
. (2.14)

N2
Θ and N2

S are the thermal and haline components of the squared buoyancy
frequency N2. A negative value of N2

Θ (N2
S) means that temperature (salinity)

has a destabilising effect. We only consider stable stratification (N2 > 0),
so if temperature or salinity has a destabilising effect, it means that the other
property compensates and has a larger stratifying effect. The SCI is the tangent
of the Turner angle (SCI = tan(Tu)) (Ruddick, 1983).

The SCI catches states of no temperature or no salinity stratification:

N2

Θ = 0 =⇒ SCI = −1 (2.15)

N2

S = 0 =⇒ SCI = 1 (2.16)

Thus, temperature has a stratifying effect when SCI > −1. Salinity follows a
symmetrical pattern and stratifies when SCI < 1. We can define three zones
bounded by SCI = ±1 and characterised by different thermohaline stratifi-
cation regimes. We use these three zones for the definition of alpha ocean,
transition zone, and beta ocean:

• alpha ocean when 1 < SCI,

• transition zone when −1 ≤ SCI ≤ 1,

• beta ocean when SCI < −1.
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The SCI can be computed at any depth below the ML, but as we mainly
focus on the permanent pycnocline, we compute the SCI just below the
winter ML. In the definition that Carmack (2007) proposed, alpha (beta)
means that temperature (salinity) stratifies. According to this definition, the
−1 ≤ SCI ≤ 1 region would thus be both alpha and beta. Stewart and Haine
(2016) proposed a definition of the transition zone based on the Turner an-
gle at each location and date. Their transition zones are defined as where the
stratification seasonally evolves between being mainly stratified by temperature
and being mainly stratified by salinity. “Transition” is thus to be understood
as “alternating” for them, while in our definition, “transition” means “doubly
stratified”, in contrast to the alpha and beta oceans where a partial compen-
sation occurs between temperature and salinity.

In Papers I and IV the SCI has been computed from the models’ monthly
outputs (NEMO BASIN and ECCO) and in Paper III it has been computed
on each individual profile of the EN4 database (Sect. 2.5).

2.5 EN4 and radial basis function interpolation (Paper II)

Paper III uses the EN.4.2.2 (Good et al., 2013) ensemble members using
Gouretski and Cheng (2020) MBT and Gouretski and Reseghetti (2010) XBT
corrections. To remove spikes prior to computing the vertical gradient, the
profiles have been smoothed and re-sampled to a regular vertical grid (Johnson
et al., 2002) (more details are given in Paper III).

The mixed layer depth (MLD) is computed using a density threshold criteria
of 0.03 kg m−3 referenced to 10 m depth (de Boyer Montégut, 2004). The SCI
is then computed using the temperature and salinity values at 10 m and 30 m
under the ML. The MLD and SCI are then gridded onto a regular longitude –
latitude grid for each month using a radial basis function (RBF) interpolation.
The class scipy.interpolate.RBFInterpolator from the Python scipy library is
used (Virtanen et al., 2020).

To account for the anisotropy between the longitude and latitude scale fac-
tors, the latitude (φ) is transformed by a Mercator projection, using the fol-
lowing formula:

φ′ = ln


tan


φ

2

π

180
+

π

4


·

180

π
(2.17)

This will virtually increase the difference in latitude between two points located
in polar regions, so that longitude and latitude become isotropic.

To find a balance between accuracy and computation efficiency, the closest
300 points around each grid point are selected for the interpolation using the
distance d:

d2 =


∆λ

Lλ

]2

+


∆φ′

Lϕ′

]2

+


∆t

Lt

]2

(2.18)

with ∆λ the difference of longitude between the grid point and the measurement
point, ∆φ′ the difference of modified latitude, and ∆t the number of days of
difference between the measurement and the interpolation date. The three Ls
express the decorrelation scales for longitude (Lλ), modified latitude (Lϕ′) and
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time (Lt). The three decorrelation scales have been chosen as: Lλ = Lϕ′ = 3.3◦,
and Lt = 45 d, similar to the coefficient used to produce the MIMOC database
(Schmidtko et al., 2013). We used a Gaussian function for the interpolation
kernel.





Chapter 3
The interplay of buoyancy fluxes and upper
ocean stratification key to formation of deep
mixed layers (Papers I and II)

3.1 Context

At the surface of the ocean, fluxes of heat and freshwater induce a change in
density, and they can thus be converted into buoyancy fluxes. Winter surface
buoyancy loss due to heat produces dense water in the Nordic Seas (Isachsen et
al., 2007; Petit et al., 2020) and deepens the mixed layer (ML) in the Southern
Ocean (SO), producing Subantarctic Mode Water (SAMW), a process further
enhanced by Ekman transport of cold water (Naveira Garabato et al., 2009;
Holte et al., 2012; Rintoul & England, 2002). On the other hand, an increase
in freshwater fluxes can dampen the formation of intermediate or deep water,
as in the Labrador Sea (Lazier, 1980).

Buoyancy fluxes impact the transformation of water masses (Walin, 1982;
Speer et al., 2000; Kuhlbrodt et al., 2007; Cessi, 2019), as well as the rate of
formation of deep water in the North Atlantic basin (Mauritzen & Häkkinen,
1999). Water mass transformations can arise from surface buoyancy fluxes but
also from diffusive or advective fluxes. In subpolar to polar regions, heat is lost
in winter and freshwater is gained from precipitations. This is thus a balance
between these two components that sets the final buoyancy fluxes (Schmitt et
al., 1989). Moreover, both haline and thermal components of buoyancy fluxes
must be studied separately in water mass transformation studies (Speer et al.,
1995; Karstensen & Lorbacher, 2011).

3.2 The deep mixing band and its ventilation role

In winter in the SO, a belt of MLs deeper than 250 m is located north of
the Subantarctic Front (SAF) (Fig. 3.1 and Dong et al. (2008)). The belt
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Figure 3.1: Climatology of the mixed layer depth in the Southern Ocean in (a) April and (b)
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are deeper than 250 m. The main fronts of the Southern Ocean are also plotted. The mixed

layer depths are from de Boyer Montégut (2023) and the fronts from Park et al. (2019). Figure

adapted from Caneill et al. (2023).

is referred to as the deep mixing band (DMB) (DuVivier et al., 2018). The
DMB is important for the global stratification structure of the ocean, as the
SAMW is formed when water escapes the DMB by lateral induction (Belkin &
Gordon, 1996; Speer et al., 2000; Hanawa & Talley, 2001; Klocker et al., 2023a).
SAMW is thus formed through a mixture of air-sea fluxes and Ekman transport
(Sloyan & Rintoul, 2001). SAMW takes up a large amount of anthropogenic
carbon dioxide (CO2) (Sabine et al., 2004), so it is important to understand
the processes of its formation. SAMW constitutes a significant part of the
upper limb of the global overturning circulation and thus is able to transport
its properties (CO2, heat, etc) to depth (Sloyan & Rintoul, 2001). The DMB is
found in the Indian and Pacific sectors of the SO. It has been found that winter
heat loss is the main driver of ML deepening within the DMB and that the
transport of cold water by Ekman transport intensifies buoyancy loss (Naveira
Garabato et al., 2009; Holte et al., 2012; Rintoul & England, 2002). However,
the question of why it is so narrow is still not fully answered, and any unique
component of surface forcing is not able to explain it (e.g., wind stress, wind
stress curl, buoyancy flux, or mesoscale eddy activity) (DuVivier et al., 2018).
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3.3 Annual buoyancy fluxes set the position of the polar tran-

sition zone (Paper I)

In Paper I, our idealised simulations (Chapter 2.1) are able to reproduce an
ocean with two different stratification types: alpha in the subtropics and beta
in the polar region. The alpha – beta boundary is oriented along a north-east
diagonal (Paper I, Fig. 5c) and is similar to the North Atlantic polar transition
zone (PTZ). A single region of convection is present, as only one hemisphere
was represented. This region of deep MLs is located on the northern flank
of the alpha ocean and contains the densest surface water. The deepest MLs
reach the bottom, as no denser water is present. As these dense waters are
formed between the subtropical and subpolar gyres, they are equivalent to the
mode and intermediate waters of the SO. In the beta ocean, the winter ML is
shallower than 200 m due to the large stratification induced by freshwater.

Deep MLs are formed in a region of annual buoyancy loss, and the beta
ocean is encountering annual buoyancy gain. This buoyancy gain comes from
positive freshwater fluxes having a greater effect than heat loss on buoyancy
fluxes. By changing the equation of state (EOS) as a way to change the relative
importance of freshwater and heat on buoyancy fluxes, we show that the tran-
sition between the alpha and beta oceans is located close to the position where
the sign of the annual buoyancy fluxes changes. Moreover, convection occurs
systematically on the northern flank of the alpha ocean and is thus bounded
to the north by the PTZ. A schematic view of the process leading to the for-
mation of the transition is drawn in Figure 3.2. After leaving the subtropics,
surface water that flows poleward within the western boundary current enters
a region of annual buoyancy loss driven by intense heat loss. Along its way, the
ML deepens until the water enters a region of annual buoyancy gain. In this
region, the ML becomes shallower, and a freshwater cap is able to build up,
preventing convection from occurring. The intermediate water formed in the
deep ML region is then advected equatorward, although it is also associated
with a cyclonic flow in the north before flowing equatorward at the western
boundary at depth.

The buoyancy gain in beta ocean is driven by positive freshwater fluxes,
while the thermal component of buoyancy fluxes becomes small. The thermal
component becomes small not because of a reduction of heat fluxes but, on the
contrary, because of the decrease in the thermal expansion coefficient (TEC) in
cold water. Chapter 4 describes our findings on the impact of TEC variations
on global ocean circulation and climate.

The wind forcing was identical in each experiment, and similar results were
obtained when using a linear EOS or when removing seasonal variations of
the forcing fields. This paper demonstrates the role of buoyancy forcing in
setting the ocean’s large-scale stratification and the region of intermediate water
formation.
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3.4 Balance between seasonal buoyancy loss and stratification

sets the deep mixing band (Paper II)

Processes of the SO, e.g., the Antarctic Circumpolar Current (ACC), large
eddy activity, and sea ice, are not represented in the idealised basin model
used in Paper I. We thus asked whether the existence and position of the
DMB present in the SO could still be directly linked to buoyancy fluxes. For
this, we computed climatologies of buoyancy fluxes and stratification based
on observations (Chapters 2.2 and 2.3). A good correlation is found between
annual surface buoyancy fluxes and the position of the DMB (Fig. 3c of Paper

II). When adding Ekman buoyancy fluxes (Fig. 3i of Paper II), the DMB is
located in the region of continuous buoyancy loss. South of it, the ocean is
either positive or alternating between positive and negative in a patchy way.
However, annual buoyancy loss in a region does not necessarily imply deep MLs
in this region.

To fully explain the position of the DMB, one needs to take both the cooling
season (CS) buoyancy loss and the summer stratification into account. Indeed,
all the CS buoyancy loss erodes the summer stratification to produce the ML
deepening. We found that the DMB is not necessarily located in areas of
maximum CS buoyancy loss nor at the minimums of stratification (Fig. 3.3 and
Fig. 3.4a and b). However, the DMB is systematically located where the CS
buoyancy loss exceeds the stratification quantified by B250 (Fig. 3.4c). It results
in a narrow band where the buoyancy loss can overcome the stratification.
North of the DMB, the stratification is too large, and south of it, despite a small
stratification, the buoyancy loss is too small. As in Paper I, we show here that
the buoyancy loss is small because of the decrease in the TEC (Chapter 4) and
not a decrease in heat loss. In regions of large advection of tropical water, as
e.g., in the Agulhas Current, highly stratified water is continuously advected.
Despite large heat losses, this blocks the formation of deep MLs.

3.5 Summary

Based on idealised numerical simulations and observations, this chapter ex-
plores the strong influence that buoyancy fluxes exert on the upper ocean strat-
ification, summarised here:

• The deep MLs are found in regions of annual buoyancy loss at mid-
latitudes. Poleward of these regions, the buoyancy flux is positive, and
the oceans are losing heat and gaining freshwater. This allows for the
formation of the halocline constituent of the beta oceans.

• The wind is found to not be of primary importance in setting the different
stratification regimes. Wind stress forces the large-scale gyre circulation,
but buoyancy fluxes directly impact the density and the stratification.

• The buoyancy loss during the CS fights against the summer stratification
to deepen the ML. It is the balance between these two processes that,
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eventually, sets the position of the deep MLs and ventilation regions.
However, this balance is only valid away from regions where the western
boundary currents advect highly stratified subtropical water and block
the deepening of the ML.

• On the whole, buoyancy fluxes strongly constrain the possible regions of
formation of deep MLs and, at the same time, control the upper ocean
stratification regimes.



Chapter 4
The effects of the variable thermal expan-
sion coefficient (Papers I, II, and IV)

4.1 Context

The thermal expansion coefficient (TEC), α, quantifies the relative change of
density associated with a change of temperature:

α(Θ, SA, p) = −
1

ρ

∂ρ

∂Θ

∣∣∣∣∣
SA,p

(4.1)

where ρ is the water density, Θ the Conservative Temperature, SA the Absolute
Salinity, and p the pressure (Roquet et al., 2015a; IOC et al., 2015).

Freshwater temperature has the rare property that its density is maximal
around 4 ◦C at a pressure of 0 dbar. This implies that the TEC is negative
below 4 ◦C for freshwater (Fig. 4.1). A direct implication of this property is
that dimictic lakes have a bottom temperature of 4 ◦C all year long. However,
the salinity of water in the oceans is greater than 30 g kg−1, except in some
small regions, e.g., the Baltic Sea. The effect of salinity on the TEC is to
increase it, so in the oceans, the TEC is always positive (Fig. 4.1). Despite
being positive, the TEC varies on the surface of the oceans, following an almost
linear relationship with the sea surface temperature (SST), and is about ten
times smaller at −2 ◦C than at 30 ◦C (Figs. 4.1 and 4.2). The variation of the
TEC with temperature is the origin of the so-called cabbeling effect (described
as “contraction under mixing”) (McDougall, 1987). The TEC is a function
of pressure, which leads to an effect called thermobaricity. Isopycnal diffusion
leads to diapycnal advection because of cabbeling and thermobaricity, which in
turn impacts water mass transformation (Garrett & Horne, 1978; McDougall
& You, 1990; Iudicone et al., 2008; Klocker & McDougall, 2010; Thomas &
Shakespeare, 2015; Stewart & Haine, 2016; Groeskamp et al., 2016).

The temperature dependence of the TEC is not only a scientific curiosity, as
it makes polar water density less sensitive to temperature changes than warm
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water. As a result, salinity becomes more important in setting stratification
in polar regions, and the importance of heat fluxes in buoyancy fluxes within
polar regions is reduced (Rooth, 1982; Bryan, 1986; Aagaard & Carmack, 1989;
Roquet et al., 2015b). Changes in the TEC value and variations impact the
global circulation of the ocean (Roquet et al., 2015b; Nycander et al., 2015).
The ocean gains heat in warm regions, and loses heat in cold regions, thus
gaining more buoyancy (due to a large value of the TEC in warm water) than it
loses (due to a small value of the TEC in cold water). With a balanced heat flux,
this implies that the global buoyancy budget is positive (Garrett et al., 1993;
Zahariev & Garrett, 1997; Hieronymus & Nycander, 2013). In a steady state,
this positive budget of buoyancy fluxes thus balances the interior consumption
of buoyancy by cabbeling. At a seasonal scale, variations of the TEC modulate
the impact of summer and winter heat fluxes, so seasonal variations in the TEC
increase the global buoyancy flux by 35% (Schanze & Schmitt, 2013).
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4.2 The thermal expansion coefficient dampens the effect of

heat fluxes in polar region (Papers I and II)

With the set of numerical experiments in Paper I, we were able to modify
the value of the TEC in the subpolar region, thus subsequently changing the
contribution of heat fluxes to buoyancy fluxes. As noted in earlier studies,
the small polar value of the TEC is likely to weaken the contribution of heat
fluxes (Rooth, 1982; Bryan, 1986; Aagaard & Carmack, 1989; Cerovečki et al.,
2011), but this effect had not been intrinsically studied before. While keeping
the same restoring conditions, an increased value of the TEC in the subpolar
region of our basin led to a shrinking of the region of buoyancy loss towards
the north. The buoyancy loss is driven by heat loss and counterbalanced by
freshwater gain. When more importance is given to heat loss (through increased
TEC), the polar area where buoyancy is gained decreases in size. This is what
is observed in the basin runs (Fig. 4.3). When the buoyancy flux inversion gets
pushed northward, the position of the polar transition zone (PTZ) follows.

In Paper II, based on heat flux products derived from observations, we
computed the buoyancy fluxes of the cooling season (CS) in the SO, both with
the varying TEC and with α0, a constant TEC representative of 40◦S (Fig. 4.4a
and b). Intense winter heat loss is driving the CS buoyancy loss in the Southern
Ocean (SO). Taking the constant TEC increases the contribution of heat fluxes
in the total buoyancy fluxes south of 40◦S, where the surface water is colder
than the reference value and hence the TEC is smaller. Opposite, north of 40◦S,
the constant TEC is smaller than what it should be, reducing the contribution
of heat fluxes. The actual CS buoyancy loss using the varying TEC has a
maximum intensity at 30◦S and becomes abruptly close to zero south of it
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(Fig. 4.4a, black dashed line). In contrast, when using the constant TEC, the
buoyancy loss becomes increasingly important southwards, meaning that heat
loss is not reduced southwards (Fig. 4.4a and b). The observed reduction of
the winter buoyancy loss south of 40◦S arises only because of the decrease in
the TEC value and not because of a reduction in heat loss.

These two studies emphasise the substantial impact of the local value of the
TEC in setting both annual and seasonal buoyancy fluxes.

4.3 The thermal expansion coefficient scales the effect of

temperature on stratification (Papers I, II, and IV)

Paper I focuses on the role of buoyancy fluxes in setting the position of the
transition zone. However, the effect of the TEC variations on the stratification
is indirectly seen. Indeed, the northward migration of the PTZ (whose average
latitude is called φβ in the paper) is more significant than the one of the buoy-
ancy flux inversion (whose latitude is called φb) when the polar vale of the TEC
increases (evolution of φβ and φb, Fig. 10 a and b of Paper I). This presumably
comes from the fact that when the TEC increases in the beta ocean, stratifi-
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cation decreases due to the temperature inversion. This effect alone shifts the
PTZ northward. The effect of the buoyancy flux inversion is thus amplified.

In Paper II, using an observation-based climatology, we computed the
stratification derived from the columnar buoyancy using either the local value
of the TEC or the value representative of 40◦S, α0. The difference between the
two results corresponds to the effect of the variations of the TEC on stratifi-
cation (Fig. 4.4c and d). North of 40◦S, α0 is smaller than the local value of
the TEC, and the upper ocean is stratified by temperature. Thus, the strat-
ification decreases when using α0. Between 40◦S and 55◦S, the local value of
the TEC is smaller than α0 while keeping a stratifying effect of temperature:
using α0 the constant TEC increases stratification. South of 55◦S, the water
column encounters a temperature inversion, and using α0 enhances the desta-
bilising effect of temperature, hence reducing stratification. We conclude that



30 The effects of the variable TEC

a portion of the large subtropical stratification comes from the fact that the
(varying) TEC is large. The decrease in stratification in the subpolar region is
partly because of the decrease in TEC. Finally, the very low values of the TEC
in the polar beta ocean stop the decrease in stratification that the temperature
inversion would cause with larger TEC values.

Paper IV uses an ocean – atmosphere coupled numerical model on an
idealised global configuration (an aquaplanet with two ridges representing the
continents). A reference run (Ctrl) uses the full equation of state (EOS) and
thus a varying TEC. Six runs with constant TEC are implemented (LinX with
X in 0.5, 1.0, 1.25, 1.5, and 3.5 in units of 10−4 ◦C−1 the constant TEC).
The differences between the circulation for each run thus arise from the direct
impact of the value of the TEC and the indirect feedback. One main result
of this study is that if the TEC is too large in the polar regions, the heat loss
induces a large buoyancy loss that itself creates convection. This convection in
the polar regions makes it impossible for sea ice to form; as soon as water is
cold enough to freeze, it convects. Another result is that the stratification at
one place using the varying TEC (nonlinear EOS) resembles the stratification
at the same place, obtained with a constant value of the TEC close to the local
value of the varying TEC (Fig. 4.5). Thus, the stratification control index (SCI)
of the whole water column with a constant low value of the TEC (Lin0.5, green
curves, Fig. 4.5) is close to the SCI resulting from the nonlinear EOS (Ctrl, blue
curves) in polar regions. In contrast, Lin0.5 is the run that produces the largest
difference in stratification in tropical regions, where the difference between the
values of the TEC between Ctrl and Lin0.5 is the largest. A similar effect
applies for Lin2.0 and Lin3.5 : they represent well the tropical stratification,
but very poorly the polar stratification, to the point that no beta ocean exists
any more.

4.4 Combined effect of the thermal expansion coefficient: ap-

plication to the deep mixing band (Paper II)

Taking the balance between buoyancy loss during the CS and stratification
strength allows predicting the location and width of the deep mixing band
(DMB) (Chapter 3.4). Using the same balance but α0 the constant TEC in
calculation, we determined the combined effect of the TEC on buoyancy fluxes
and on stratification (Paper II). Where buoyancy fluxes are more negative than
stratification measured by B250, the mixed layer (ML) induced by buoyancy
loss reaches 250 m or goes deeper. The DMB is present between 35◦S and 50◦S,
but contrary to reality in this case, it even extends to Antarctica (Fig. 4.6).
South of 50◦S, the mixed layer depths (MLDs) are deeper than 250 m. With a
constant TEC, the DMB would not be a “band” any more but would maybe
be called “deep mixing Southern Ocean”. A constant TEC would produce deep
MLs everywhere in the SO, but in reality, they are only observed in the narrow
DMB. This is thus the decrease of the TEC at low temperatures that sets the
southern extent of the DMB. In reality, the low value of the TEC south of the
DMB induces a reduction in buoyancy loss during the CS. This small buoyancy
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loss is not able to destroy the stratification and produce deep MLs, despite a
decrease in the stratification strength induced by the low values of the TEC.

4.5 Can we distinguish the effect of the thermal expansion

coefficient on buoyancy fluxes and on stratification?

The effects of the TEC on upper ocean stratification and on buoyancy fluxes
are not easily distinguishable, particularly in model runs where both effects
are linked. When the ocean loses (gains) heat, its upper density increases (de-
creases) more or less depending on the value of the TEC. The buoyancy fluxes
quantify this change. If the water column were to uniformly gain heat at every
depth, the vertical temperature gradient would stay constant. However, due to
the change in temperature, the TEC would change, changing the stratification
strength at the same time. There are thus two distinguished roles of the TEC:
one in scaling heat fluxes and the other in scaling temperature stratification.

In parts of the ocean, these two effects partly compensate for each other,
slightly decreasing the importance of the value of the TEC in these regions.
This is, for example, what happens in the subtropic (subpolar region), where
using a smaller (larger) value of the TEC decreases (increases) stratification
but also decreases (increases) the buoyancy loss during the CS (Figs. 4.4a and
4.4c north of 55◦S). In the polar beta oceans, however, as they are regions of
winter heat loss where temperature has a destabilising effect, an increase in the
TEC value increases the buoyancy loss while decreasing the stratification. Beta
oceans are thus regions where the value of the TEC is of primary importance
in controlling the upper stratification.
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4.6 Summary of the effects of the thermal expansion coeffi-

cient variations on global scale

The three papers described in this chapter provide an overview of the effect of
TEC values on a global scale. I conclude this chapter by summarising these
effects:

• Large TEC values in the subtropics are producing a large upper ocean
stratification. This effect is dampened by the fact that the large value of
the TEC also enhances the winter buoyancy loss induced by heat fluxes.

• In the subantarctic zone (between 55◦S and 40◦S), the TEC has a rela-
tively small value, which decreases the stratification (induced by temper-
ature). At the same time, this small value damps the effect of heat fluxes
on buoyancy fluxes. The effect of the damping of heat fluxes is to limit
the southward extent of the DMB.

• In the beta ocean, the TEC is the smallest, thus making the temperature
inversion possible. It also makes heat fluxes very inefficient at changing
density. This is the region where the role of the TEC is most important.
Opposite to the subtropics and subantarctic zone, the effect of the small
value of the TEC is to increase stratification, both directly by reducing
the impact of the temperature inversion on stratification and indirectly
by making the winter buoyancy loss very small.

• Overall, it is the fact that the TEC becomes small in cold water that
allows the formation of beta oceans. The halocline present in beta oceans
limits the deepening of the MLs and allows for sea-ice formation.



Chapter 5
Characterising alpha and beta oceans from
observations (Paper III)

5.1 Context

Previous studies have discussed a relation between ocean stratification and the
horizontal zonation of the ocean. In the Southern Ocean (SO), Pollard et al.
(2002) proposed to relate the Subantarctic Front (SAF) and Polar Front (PF) to
boundaries between different regimes of thermohaline stratification. Carmack
(2007) proposed the terms “alpha” and “beta” oceans to distinguish the effects
of temperature and salinity on stratification. These two studies were, however,
only based on a few hydrographic transects. On a global scale, You (2002),
Helber et al. (2012), Stewart and Haine (2016), and Clément et al. (2020)
produced maps to quantify the role of temperature and salinity in setting the
stratification. Here we aim at mapping more accurately the different regimes
and revealing an underlying relationship with the MLD distribution. As we
focus on the stratification control index (SCI) below the mixed layer (ML), our
approach is slightly different from the cited studies. Moreover, we use the EN4
database of temperature and salinity profiles from 2004 to 2021 to produce
our mixed layer depth (MLD) and SCI climatologies, which extends the time
period compared to previous studies. Further, computing the SCI directly on
the profiles increases the accuracy of the results.

5.2 Climatologies of the stratification control index

In winter, the tropical regions around the equator have a SCI between -1 and
1 and are thus classified as transition zones (Figs. 5.1 and 5.2). They are
regions gaining heat at the surface and, at the same time, gaining a substantial
amount of freshwater through rain. These two fluxes are creating a warm,
fresh, and highly stratified layer with a MLD around 50 m. Poleward of the
tropical regions are found alpha oceans, with a winter SCI > 1. The MLD
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Figure 5.1: Stratification control index below the winter mixed layer (upper panel) and below

the summer mixed layer (lower panel). The colours are saturated at SCI = ±2. The ocean is

red where temperature predominantly stratifies, and blue where salinity predominantly stratifies.

The continuous (dashed) black lines mark SCI = 1 (SCI = −1). Figure adapted from Caneill

and Roquet (2023).

varies in these alpha oceans, from less than 100 m on the equator side to more
than 300 m in the SO deep mixing band (DMB) and in the North Atlantic
(Paper III). In the North Atlantic, there is a large interannual variability; for
example, in the Irminger Sea, where deep convection occurs, MLDs of 400 m in
2014 were followed the next year by MLDs of 1200 m. Interannual variability
is also found in the DMB but is less extreme.

A narrow polar transition zone (PTZ) is present in the SO and North At-
lantic basin between the alpha and beta oceans, below the winter ML. In the
North Pacific Ocean, the PTZ is only narrow on the western side and gets
wider towards the east, becoming 20 degrees wide in latitude. In the South
Pacific Ocean, a tongue of transition zone also exists. A main difference be-
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Figure 5.2: Zonal climatology of winter (green) and summer (orange) stratification control

index below the mixed layer. The lines are the zonal means, and the shadings are the 10th

and 90th percentiles. The middle lines are the global zonal means. The upper and lower

lines, starting at 20◦S, separate the Pacific basin, where the stratification control index is

approximately zonally constant, from the Atlantic basin, where the stratification control index

encounters large longitudinal variations. The Atlantic and Pacific zonal means have been

shifted vertically for clarity, and they refer to their own axis on the right. The gray bands

represent −1 < SCI < 1. Figure adapted from Caneill and Roquet (2023).

tween the South and North Pacific transition zones is that the south tongue is
surrounded by alpha ocean before merging with the PTZ west of Drake Pas-
sage. In the North Pacific Ocean, the separation between the alpha and beta
oceans follows an almost east-west direction. On the other hand, in the North
Atlantic basin, the alpha ocean stretches northward along the European coast,
while the beta ocean extends southward along the eastern coast of Greenland
and the American coast. The separation thus follows a north-east diagonal.

The summer picture looks quite different (Fig. 5.1, lower panel, and Fig. 5.2).
The SCI is generally smaller (in absolute value) during the summer than in the
winter. It is larger than −1 everywhere and exceeds 1 only in parts of the
subtropical regions. The SCI of the PTZ in the North Pacific basin shifts from
a negative value in winter to a positive value in summer (visible between 40◦N
and 60◦N, Fig. 5.2) and is almost the only region where the SCI changes sign
between winter and summer. The main tendency is that the SCI value gets
dampened during the summer while keeping its sign.
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5.3 On the link with the mixed layer depth

Deep MLs seem to occur more often in alpha oceans than in beta oceans or
transition zones (Paper III, compare maps of the MLD and the SCI, Figs. 3
and 7). This impression is confirmed when plotting the SCI versus the MLD
(Fig. 5.3). MLs deeper than 250 m are mostly found in the alpha oceans (larger
values of the two-dimensional histogram, Fig. 5.3). Deep MLs are also found in
oceans classified as transition zones and are almost absent in beta oceans. Indi-
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vidual profiles in the beta oceans show deep MLs along the coast of Antarctica,
but they represent a small area and are thus not seen in this figure.

Tropical regions (defined here with an absolute value of the latitude less than
30◦) are only plotted on the top and right histograms. They represent a large
area with shallow MLs (less than 100 m) and are classified almost exclusively
as transition zones.

For higher latitudes (♣φ♣ ≥ 30◦), the ML distribution exhibits a peak at
120 m. The SCI distribution poleward of 30◦ is bimodal, centred around ±1.5.
The oceans thus encounter partial compensation between temperature and
salinity more often than when temperature and salinity both stabilise. Pole-
ward of 30◦, the shallowest MLs are found in regions where salinity dominates
the stratification (SCI < 0), either in transition zones or beta oceans. Re-
gions that encounter large density compensation (large ♣SCI♣) do not present
shallow ML.

5.4 Summary

This chapter provides new insights on the zonation of the oceans between the
alpha, transition, and beta regimes, and its propensity to encounter density
compensation between temperature and salinity. To sum up, here is a summary:

• We confirm the zonation of alpha oceans at mid-latitudes, beta oceans at
high latitudes, and the PTZs in between. However, Paper III reveals
large differences in the structure between the North Atlantic and North
Pacific basins. The North Pacific PTZ is almost zonal and becomes very
wide eastward. Opposite, the North Atlantic PTZ is very narrow and
follows a diagonal into the northwest.

• Except for the tropical oceans, the distribution of the SCI is bimodal,
with the modes centred around SCI = ±1.5. The ocean in general tends
to go towards temperature and salinity compensation rather than being
doubly stabilised.

• Both in the North Atlantic basin and in the SO, deep MLs occur in the
alpha ocean, near the boundary with the PTZ.

• Overall, the climatology of the winter SCI provides a global view of the
oceans, where the regimes of stratification are highlighted. This allows for
a precise determination of the role of temperature and salinity in setting
the stratification.





Chapter 6
Conclusions and Outlook

In this thesis, we examined the mechanisms governing the zonation of the up-
per ocean stratification into different regimes, and specifically: Why and where
is there a shift from alpha to beta oceans? For this, we studied the link be-
tween buoyancy fluxes and stratification. Using an idealised basin-like numer-
ical model in Paper I, we found that the transition was located close to the
sign inversion of the annual buoyancy fluxes. Buoyancy gain driven by positive
freshwater fluxes in the northernmost part of the basin was creating a strong
halocline, which was acting as a strong freshwater cap, preventing convection
from occurring there. In Paper II, we used observational data to compare
the autumn – winter buoyancy loss with the stratification strength of the up-
per ocean at the end of summer. We found that the simple balance between
them is sufficient to explain the formation and shape of the DMB. Close to the
strong western boundary currents (e.g., the Agulhas Current or the East Aus-
tralian Current), highly stratified water is advected and the balance does not
hold any more, thus no deep ML is formed despite strong buoyancy loss in win-
ter. South of the DMB, the drop in the value of the TEC makes winter heat
loss inefficient to increase density, limiting the southern extent of the DMB.

The type of stratification, quantified by the stratification control index
(SCI), is linked to the position of the Subantarctic Front (SAF) and Polar
Front (PF) in the Southern Ocean (SO) (Paper III). Defining circumpolar
fronts using the SCI may not be very practical, as the SAF is surrounded by
winter transition zones in the southeast Pacific Ocean while being at the bound-
ary between the alpha ocean and transition zone elsewhere. However, a broad
consistency is revealed, as well as large structural disparities around the SO.
In summer, the entire SO is stratified by temperature below the mixed layer
(ML) (SCI ≥ −1), south of the Southern Boundary (SB) front, SCI ≥ 0 which
means that salinity is the dominant stratifying agent. The SB, defined with a
dynamic definition, thus matches a stratification front. The stratification front
may partly arise from the path of the water masses and advection. Globally,
the absolute value of the SCI is larger in winter than in summer. This indi-
cates that large density compensations occur between temperature and salinity
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below the winter ML. Moreover, the summer SCI is between −1 and 1 ev-
erywhere, meaning that both temperature and salinity increase stratification
below the summer ML. One exception is in the centre of the subtropical gyres,
where SCI > 1.

Deep winter MLs are found in the alpha oceans, mainly in the deep mixing
band (DMB) and in the Nordic Seas. In these regions, winter heat loss is
the key component of convection. Opposite, close to the Antarctic coast, the
surface temperature is at freezing point, so water cannot cool more to change
density. Moreover, the value of the thermal expansion coefficient (TEC) makes
any temperature change negligible for stratification. However, winter heat loss
makes seawater freeze, increasing salinity through brine rejection and leading
to convection. The driver of convection is thus different in alpha and beta
oceans.

One key hypothesis of this thesis was that the origin of the transition be-
tween alpha and beta lies in the equation of state (EOS) and, more specifically,
in the fact that the local value of the TEC is not the same everywhere on Earth.
Artificially increasing the value of the TEC in the subpolar region leads to a
decrease in the area of the beta ocean (Paper I). Further, it also increased
the winter buoyancy loss, thus pushing the convective zone poleward and re-
ducing the area available for the beta ocean. The local value of the TEC also
scales the effect of temperature on stratification. Thus, a large value of the
TEC in the polar regions makes it impossible to maintain a temperature inver-
sion (Paper IV), making it impossible for sea ice to form. In Paper II, we
found that the low value of the TEC south of the SAF damps a lot the winter
heat loss effect on buoyancy, and despite a small stratification, no deep ML is
formed. The decrease in the TEC is thus the origin of the southern boundary
of the DMB. In both Paper I and Paper IV, we concluded that the cabbel-
ing effect (defined as “contraction under mixing”) is not necessary to explain
the alpha – beta transition in the ocean. On the contrary, it is the local value
of the TEC that sets the stratification.

The work conducted in this thesis contributes to the understanding of the
role of the intrinsic properties of seawater in large-scale circulation. We showed
that the local value of the TEC scales both the effect of temperature on strat-
ification, and of heat fluxes on buoyancy. This scaling is obvious when looking
at the equations, but the effect of this scaling on the global circulation and
stratification of the ocean remained to be investigated. To the question “Why
is there a shift from alpha to beta oceans?” my answer is: “The shift occurs
because at high latitudes the formation of beta oceans is forced by the small
value of the TEC in cold water”. The zonation between the different regimes is
mainly a consequence of the surface buoyancy fluxes over the oceans.

This thesis answers some questions but, at the same time, opens new hori-
zons. Here are some future perspectives that I would like to see investigated in
the future:

• Computing the SCI at the bottom of the ML is an efficient way to pro-
duce a global view of the upper ocean stratification. It can thus be used
to compare and validate the different simulations that form the Coupled
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Model Intercomparison Project (CMIP). The ocean is warming, so we can
hypothesise that temperature will increase its control of the stratification,
though the increase in the TEC. An increase in the TEC could also in-
crease the buoyancy loss during winter. Deep MLs would shift poleward,
and the surface of the beta oceans would decrease at the same time. Pre-
cise inspection of the CMIP outputs is necessary to verify the validity of
these hypotheses.

• We concluded that cabbeling is not necessary to produce the polar tran-
sition zone (PTZ) between the alpha and beta oceans, but it would be
useful to find a way to quantify its effect. There is, however, no easy way
to do it because, as long as one uses a nonlinear EOS, the local values
of the TEC will largely control the circulation. A possible way to have a
varying TEC but no cabbeling would be to first run numerical simulations
with the full EOS and to compute the buoyancy sink due to cabbeling.
Then one could rerun the model with an extra term of buoyancy that
would counterbalance the sink. This method would probably require a
lot of changes in the model code, and closing the energy budget would
probably be quite hard.

• Going beyond idealised simulation is an extra step that I would be happy
to see achieved in the future. de Boer et al. (2007), Roquet et al. (2015b),
and Nycander et al. (2015) have, for example, seen that the global circula-
tion is sensitive to the EOS in realistic ocean simulations. Adding a fully
coupled atmosphere could permit to gain more knowledge on the role of
the TEC.

• By subducting heat and carbon, deep and intermediate waters mitigate
the warming of the atmosphere. The DMB and the Nordic Seas convection
are located in the alpha ocean, at the boundary of the transition zone. In
a warming ocean, the value of the TEC increases, as does the role of tem-
perature, both in stratification and buoyancy fluxes, directly impacting
stratification. Changes in the stratification of these regions may directly
impact the global climate. Global atmosphere – ocean coupled numeri-
cal simulations could be used to quantify the shift in the position of the
transition zones and the feedback on the climate system.

• As water gets advected in the ML, it can encounter variations in the
surface buoyancy flux due to the spatial variability of heat and freshwater
fluxes. Following the water column from a Lagrangian perspective would
tackle the issue that regions with large advection are forecasting deep
MLs in Paper II, but they are not observed. Indeed, the Eulerian simple
model of Paper II does not take the advection of stratified water into
account. It would be possible to include this advection as an extra term in
the model or compute the buoyancy fluxes along the trajectory using the
Lagrangian frame. While not critical for the results of Paper II, using
one of these two solutions would allow us to refine the analyses and study
the interannual variability of the DMB, for example.
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The climate would be very different if water had different physical and chem-
ical properties. It is the remarkably large heat capacity and large latent heat
of water that makes the ocean a very efficient heat conveyor. Among the speci-
ficities of the chemistry of water, we have focused in this thesis on the unique
way the TEC varies with temperature. Owing to the large TEC values, the
temperature easily stratifies the warm alpha oceans. However, at low temper-
atures, the TEC drops to near-zero values, letting salinity take control of the
stratification and forming the cold beta oceans. It is interesting to notice that
the observed heat and freshwater fluxes lead to comparable surface buoyancy
fluxes. A uniform seawater thermal expansion coefficient would disrupt this
delicate balance; temperature’s effect would be too large or too small. Only
the unique variations in the TEC allow both temperature and salinity to shape
the upper ocean stratification in the way it is observed. The limited number of
points of contact between the interior of the ocean and the atmosphere and the
scarcity of vertical exchanges in the ocean generate the memory of the climate.
Long-term climate change is therefore regulated by ocean breathing, which it-
self results from the subtle interplay between the thermodynamics of seawater
and interactions with the atmosphere.

« En outre, j’ai surpris ces courants de haut en bas et de

bas en haut, qui forment la vraie respiration de l’Océan. »

« What’s more, I’ve detected those falling and rising

currents that make up the ocean’s true breathing. »

Capitaine Nemo, Vingt mille lieues sous les mers

Jules Verne, 1870
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ABSTRACT: The stratification is primarily controlled by temperature in subtropical regions (alpha ocean) and by salinity

in subpolar regions (beta ocean). Between these two regions lies a transition zone, often characterized by deep mixed

layers in winter and responsible for the ventilation of intermediate or deep layers. While of primary interest, no consensus

on what controls its position exists yet. Among the potential candidates, we find the wind distribution, air–sea fluxes, or the

nonlinear cabbeling effect. Using an ocean general circulation model in an idealized basin configuration, a sensitivity analy-

sis is performed testing different equations of state. More precisely, the thermal expansion coefficient (TEC) temperature

dependence is explored, changing the impact of heat fluxes on buoyancy fluxes in a series of experiments. The polar transi-

tion zone is found to be located at the position where the sign of the surface buoyancy flux reverses to become positive, in

the subpolar region, while wind or cabbeling are likely of secondary importance. This inversion becomes possible because

the TEC is reducing at low temperature, enhancing in return the relative impact of freshwater fluxes on the buoyancy forc-

ing at high latitudes. When the TEC is made artificially larger at low temperature, the freshwater flux required to produce

a positive buoyancy flux increases and the polar transition moves poleward. These experimets demonstrate the important

role of competing heat and freshwater fluxes in setting the position of the transition zone. This competition is primarily in-

fluenced by the spatial variations of the TEC linked to meridional variations of the surface temperature.

KEYWORDS: Buoyancy; Intermediate waters; Surface fluxes

1. Introduction

The transition between warm saline subtropical waters and

cold fresh subpolar waters is usually very abrupt and has simi-

lar structures on the North Atlantic Ocean, the North Pacific

Ocean, and the Southern Ocean, suggesting that the same

processes lead to these transitions. Not only do the surface

temperature and salinity change, but also the way they vary

with depth. Subtropical regions are characterized by a de-

crease of the temperature with depth together with a decrease

of salinity: temperature has a stratifying effect while salinity

has a destabilizing one. On the contrary, surface temperature

is colder than subsurface temperature in polar regions, so

temperature destratifies the water column and salinity con-

trols the stable stratification. These two opposite stratification

types are referred to as alpha (temperature control) and beta

(salinity control) and are representative of middle and high

latitudes, respectively, with the beta ocean halocline being es-

sential for the formation of sea ice (Carmack 2007). In be-

tween these alpha and beta regions lies a transition zone. Its

exact definition varies among authors, but it can often be as-

sociated with a surface density maximum (Roden 1970). It

contains a weak stratification, making it an ideal place for

connecting surface and intermediate water and for increased

mixing (Stewart and Haine 2016).

In the Southern Ocean, the transition between alpha and

beta ocean is achieved by a succession of fronts closely related

to the stratification of the water column and impacting the bi-

ological production (Pollard et al. 2002; Pauthenet et al.

2017). These frontal areas are the place of formation of Ant-

arctic Intermediate Water (AAIW) and Subantarctic Mode

Water (SAMW). The mixed layer (ML) is deep in winter, and

the water escapes the seasonal thermocline to reach the per-

manent one through lateral subduction (Piola and Georgi

1982; Marsh et al. 2000; Holte et al. 2012; Sallée et al. 2010).

A similar ventilation process occurs in the North Atlantic

(Woods 1985).

The ventilation of the thermocline in the subtropical gyres

is primarily induced by Ekman downwelling (Marshall et al.

1993; Karstensen and Quadfasel 2002). However, in the tran-

sition zones of the Southern and North Atlantic oceans, the

Ekman vertical velocity is oriented upward, so wind can

hardly explain the local downwelling (McCartney 1982; Sallée

et al. 2010; Nycander et al. 2015).

The water masses that are exported below the mixed layer

must be associated with buoyancy fluxes, whether they come

from surface fluxes, diffusive fluxes, advection, or mixing, be-

fore taking part of the global overturning circulation (Walin

1982; Speer et al. 2000; Kuhlbrodt et al. 2007; Cessi 2019).

The production of AAIW and SAMW results from both hori-

zontal advection induced by wind stress and eddies and from

the surface buoyancy fluxes (Sloyan and Rintoul 2001). The

surface buoyancy loss during winter produces dense deep
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water in the Nordic seas and surrounding basins (Isachsen

et al. 2007; Petit et al. 2020), and their rate of formation is di-

rectly impacted by the buoyancy forcing (Mauritzen and

Häkkinen 1999). Moreover, buoyancy fluxes and particularly

freshwater inputs can damp the creation of deep water in the

Labrador seas (Lazier 1980).

The surface heat loss contributes strongly to deepening the

mixed layer in the subpolar regions; however, the positive sur-

face freshwater flux present at high latitudes counterbalances

the heat loss. Schmitt et al. (1989) studied the relative impor-

tance of buoyancy flux due to heat and salt and suggested the

idea of a balance between these two effects, but while having

high uncertainties due to their flux estimates. The distinction

between thermal and haline buoyancy forcing is important for

water mass transformation (Speer et al. 1995; Karstensen and

Lorbacher 2011). The effect of heat and freshwater fluxes on

the buoyancy fluxes needs to be studied carefully as the equa-

tion of state (EOS) for seawater is nonlinear.

The buoyancy is a function of the active tracers, tempera-

ture, and salinity through the equation of state for seawater.

The contribution of temperature and salinity to buoyancy are

scaled by the thermal expansion coefficient (TEC) and the

haline contraction coefficient (HCC), respectively (Roquet

et al. 2015). These coefficients describe how much the density

changes when temperature or salinity changes. While the

HCC varies by less than 10% in the ocean, the TEC is highly

dependent on temperature and pressure. It increases almost

linearly with temperature and is about 9 times smaller in polar

regions than in the tropics. Variations of the TEC are respon-

sible for the two main nonlinearities in the EOS: cabbeling

(variation with temperature) and thermobaricity (variation

with pressure). It is known that these nonlinearities have a

nonnegligible impact on water mass transformations, as they

can cause diapycnal advection from isopycnal diffusion (e.g.,

Garrett and Horne 1978; McDougall and You 1990; Iudicone

et al. 2008; Klocker and McDougall 2010; Stewart and Haine

2016; Thomas and Shakespeare 2015). The overall result of

cabbeling is that at steady state, when the time- and spaced-

averaged surface heat and freshwater fluxes vanish, the

average surface buoyancy flux is positive, compensating the

interior buoyancy sink due to cabbeling (Hieronymus and

Nycander 2013).

Another implication of the TEC variation is that the buoy-

ancy loss associated with a heat loss depends on the value of

the TEC, itself a strong function of temperature. As the sur-

face buoyancy flux in subpolar regions results from a competi-

tion between its thermal and haline components, it is likely

that the decrease of the TEC at low temperature increases the

relative haline influence, as pointed out by Rooth (1982),

Bryan (1986), and Aagaard and Carmack (1989). The nonli-

nearities are found to be important in the global circulation

and to contribute to setting the global ocean properties. A dif-

ference of mean salinity and temperature along with differ-

ences of circulation are found when using a linear EOS on a

realistic ocean global circulation model compared to a realis-

tic EOS (Roquet et al. 2015; Nycander et al. 2015). However,

the buoyancy fluxes have not been accurately studied in the

cited studies.

This study aims to investigate how the location of the polar

transition (between alpha and beta ocean) and of the interme-

diate water location are influenced by the surface buoyancy

flux, and especially by its latitudinal change of sign. As the

buoyancy flux is strongly linked to the TEC in the polar area,

modifying the parameters for the EOS in a numerical model

study is used here as an effective method to modulate the rel-

ative impact of heat and freshwater on the surface buoyancy

flux. The stratification is also impacted, while keeping similar

surface temperature and salinity fields and the same wind

forcing between the experiments. For the numerical experi-

ments, an idealized configuration of the NEMO (Nucleus for

European Modeling of the Ocean; Madec et al. 2019) ocean

general circulation model (OGCM) has then been developed,

using a simplified EOS allowing for a full control of its nonli-

nearities (Roquet et al. 2015).

This paper is organized as follow. The equation of state for

seawater, its properties, and the stratification control index

are presented in section 2. The model configurations are then

described in section 3, followed by the description and analy-

sis of the reference run (section 4). A comparison of the dif-

ferent parameter is then discussed (section 5) and further

discussions and conclusions are given in section 6.

2. The equation of state for seawater

a. General properties

The EOS for seawater gives the density as a function of

temperature, salinity, and pressure. Under the Boussinesq ap-

proximation, the thermal expansion coefficient a and the hal-

ine contraction coefficient b are defined as

a � 2
1

r0

­r

­Q

����
SA ,p

, (1)

b � 1

r0

­r

­SA

����
Q,p

: (2)

We use here the Conservative Temperature Q and Abso-

lute Salinity SA following the TEOS-10 standard (McDougall

2003; IOC et al. 2015), but for simplicity we will call them

temperature and salinity in the rest of the paper.

The surface buoyancy fluxes are related to the fluxes of

heat and freshwater, weighted by the TEC and HCC, and can

be decomposed into their respective contributions:

Fb � ga

r0Cp

Qtot

����������
FQ
b

1
2gb

r0
fS

������
FS
b

, (3)

where g is the gravity acceleration, Cp � 3991.86 J kg21 K21 the

heat capacity,Q the total heat flux (Wm22), and fS = Ssurf(E2 P)

the equivalent salt flux in (g kg21) kg m22 s21, linked to the

evaporation E and precipitation P (both in kg m22 s21),

through the surface salinity Ssurf. The term FQ
b is the heat con-

tribution, FS
b the salt contribution, and Fb the total surface

buoyancy flux (m2 s23). We define the buoyancy flux using a
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salt flux and not a freshwater flux as salinity restoring condi-

tions creating a salt flux are used in the model configuration.

b. The simplified equation of state

Roquet et al. (2015) proposed a simplified version of the

EOS that retains the main nonlinearity of the EOS while be-

ing analytically tractable, so that the TEC is linearly depen-

dent on the temperature and the pressure and the HCC is

constant. This simplified version of the nonlinear EOS produ-

ces realistic ocean properties when applied on OGCMs,

in contrast to a linear EOS where both the TEC and HCC

are constant (Nycander et al. 2015). Were we use this simpli-

fied equation of state, i.e.,

r(Q,SA, p) � r0 2 a0 1
1

2
CbQa 1 Thp

� �
Qa 1 b0Sa, (4)

with Qa = Q 2 108C, Sa = SA 2 35 g kg21, and p the pressure.

Table 1 gives the standard values and description of the coeffi-

cients of the EOS. The Th term sets the thermobaricity depen-

dence and is kept for realistic representation of the deep

circulation, but is kept constant in all the experiments. The

dependence of the TEC on the temperature and the constant

value of the HCC are evident using this simplified EOS, as

they become

a � 1

r0
(a0 1 CbQa 1 Thp), (5)

b � b0

r0
: (6)

This simplified equation is used to compute the density and

buoyancy flux in the different runs of the circulation model

used in this study.

c. The stratification control index

Changes in Q or SA lead to changes of the density that af-

fect the circulation and stratification. The stratification control

index (SCI) is defined such as to compare the relative effect

of temperature and salinity on the stratification:

SCI � N2
Q 2 N2

S

N2
Q 1 N2

S

, (7)

N2 � 2
g

r0

­rQ
­z

� N2
Q 1 N2

S, (8)

N2
Q � ga

­Q

­z
, (9)

N2
S � 2gb

­SA
­z

: (10)

Two critical transitions occur, when SCI = 1 (no salinity

stratification) and SCI = 21 (no temperature stratification).

This means that three states of the stratification can be

expected:

1) SCI $ 1, an alpha ocean stratified by temperature and

destratified by salinity,

2) SCI # 21, a beta ocean stratified by salinity and destrati-

fied by temperature,

3) 21 , SCI , 1, a transition zone doubly stratified by both

temperature and salinity.

Note that the SCI has not been defined previously in the lit-

erature to our knowledge. However, it can be directly linked

to standard indexes, such as the Turner angle [SCI = tan(Tu)]

or the density ratio, Rr � 2N2
Q=N

2
S (Ruddick 1983). For stable

stratifications (N2 . 0), the SCI is uniquely defined over the

real numbers and has the advantage to treat symmetrically

the effect of salinity and temperature and avoid singularities,

contrary to the density ratio. We therefore chose to focus on

this new index here.

The SCI will be computed 10 m below the mixed layer,

from monthly mean values. For every longitude–latitude

point the SCI at the time of deepest mixed layer will be re-

tained for the ocean classification. Thus, we classify the ocean

based on the permanent thermocline, and not on the seasonal

one. Note that our definition of the alpha, beta and transition

zones differ slightly from previous ones (Carmack 2007;

Stewart and Haine 2016). We retain our definition to get a

unique decomposition between the three ocean types.

3. The model configurations

In a series of sensitivity experiments, the parameters that

control the surface TEC dependance on temperature, a0 and

Cb, are modified between each run. A total of five different

parameter combinations are used (Table 2).

a. Description of the model

The NEMO (Madec et al. 2019) OGCM is used for the sim-

ulation. The configuration represents an idealized basin on

the sphere, 408 of longitude wide, and from 08 to about 608N,

TABLE 1. Default value of the simplified equation of state

coefficients.

Coefficient Value Description

a0 1.65 3 1021
8C21 kg m23 Linear thermal expansion

coefficient

b0 7.6554 3 1021 (g kg21)21

kg m23
Linear haline expansion

coefficient

Cb 9.9 3 1023
8C22 kg m23 Cabbeling coefficient

Th 2.4775 3 1025
8C21

dbar21 kg23
Thermobaric coefficient

TABLE 2. The different parameters of the simplified EOS for

the five runs. The other parameters are kept constant and equal

to the default values.

Name a0 (8C
21 kg m23) Cb (8C22 kg m23)

Ref 1.65 3 1021 9.9 3 1023

A 1.65 3 1021 13.2 3 1023

B 1.45 3 1021 8.7 3 1023

C 1.85 3 1021 11.1 3 1023

D 1.65 3 1021 6.6 3 1023
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similar to the one of Lazar et al. (1999). The width of the

basin (in meters) decreases with latitude, and the Coriolis

parameter is computed as f = 2V sin(w). A 18 longitude

Mercator grid is used so the resolution (in meters) scales as

cos(latitude), the number of grid points is 42 in longitude

and 79 in latitude. The topography in meters is represented

by an exponential slope with a length scale of 38:

h(k) � 4000 2 2000 exp 2
k

3

� �
1 exp

k 2 40

3

� �� �
, (11)

with k the longitude. A similar topography applies at the

northern boundary, using the latitude coordinate. The ba-

thymetry along the coast is 2000 m and reaches 4000 m in the

central basin (Figs. 1a,b). A nonlinear free surface is used.

The time step is 45 min. A terrain following coordinate is

used, where the five upper levels have a constant thickness of

10 m, and the thickness then increases to 440 m at the bottom

of the deepest parts, for a total of 36 vertical levels. To mini-

mize the ageostrophic current due to the error on the pressure

gradient caused by the terrain following coordinates close to

the equator, the topography is flattened around the equator at

the depth of 4000 m. Symmetric boundary conditions are used

at the equator, with a no meridional fluxes condition applied.

This symmetrical condition is equivalent to having a two

hemispheres model forced with the same forcing, and only re-

tain the Northern Hemisphere, while only computing the

northern one.

The effect of unresolved eddies is parameterized using the

Gent and McWilliams (1990) formulation, and lateral mixing

is done along the neutral plane. A turbulent kinetic energy

(TKE) closure is used to compute the vertical viscosity and dif-

fusivity coefficients, with background values set to 1024 m2 s21.

This high vertical diffusivity value allows a high consumption of

bottom water through vertical turbulent diffusion and thus a

sufficiently strong overturning circulation.

b. Forcing fields

The model is forced by analytical fields that represent the

zonal wind stress, the heat, and haline fluxes. The analytical

functions have been inspired and adapted from Lévy et al.

(2010) and Wolfe and Cessi (2014), chosen to represent zonal

FIG. 1. (a),(b) Bathymetry of the basin. Forcing fields used by the model, with (c) the restoring temperature, (d) the

restoring salinity, (e) the zonal wind stress, (f) the solar heat flux, and (g) the restoring density anomaly. The average

values are plotted in black. For (c), (f), and (g), the gray zone represents the seasonal variation range. The vertical

line in (e) represents wM, the latitude of the winter maximum restoring density.
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averages over the ocean. The thermal and haline forcing are

both represented by a relaxation law so the surface fluxes are

proportional to the difference between a restoring value and

the ocean surface value:

Qtot � AQ(T
* 2 SST), (12)

fS � AS(S
* 2 SSS), (13)

with AS = 3.8583 1023 kg m22 s21 the haline restoring coeffi-

cient, AQ = 40 W m22
8C21 the temperature restoring coeffi-

cient, and SST (SSS) the sea surface temperature (salinity).

The restoring fields are defined by the following equations:

T* � [Teq 2 TN(d)]cos
2 pw

2L

� �
1 TN(d), (14)

TN(d) � DT cos p
d 1 159

180

� �
, (15)

S* � S0 exp 2
w

260

� �2� �
2 S1 exp 2

w

7:5

� �2� �
, (16)

where TN(d) represents the seasonal variation of T* with the

respect of the day of the year d and w the latitude in degrees.

Teq = 258C is the temperature at the equator, DT = 28C, L = 618C

is the approximate latitudinal basin extension, S0 = 37.12 g kg21,

and S1 = 1.1 g kg21.

The heat flux is split into a shortwave (solar) part and the

nonsolar remainder:

Qsolar(w, d) � 230 cos p

w 2 23:5 cos p
d 1 189

180

� �

0:9 3 180

⎡⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎣

⎤⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎦, (17)

Qnon solar � Qtot 2 Qsolar: (18)

The solar part is applied with a day/night cycle and is split

into two bands with e-folding depths of 23 m (fraction 42%)

and 0.35 m (fraction 58%) (Madec et al. 2019). The seasonal

variation of the heat forcing induces a thermal restratification

in summer, while the penetrative heat flux helps to reduce the

upper stratification and limits the minimum mixed layer depth

in tropical regions. We emphasize, however, that the results

of our study are not sensitive to these details.

From the restoring fields, it is possible to define a restoring

density anomaly s*
0, defined as the density anomaly of water

at the surface, with a temperature T* and a salinity S*, along

with the latitude wM where this forcing density is maximum:

s*
0 � r(T*, S*; 0) 2 1000 and s*

0(wM) � max(s*
0): (19)

For the reference run, this latitude is equal to 48.38N.

The zonal wind stress follows the equation

tk � 0:1 2cos
3pw

2L

� �
1 0:8 exp 2

w2

5:772

� �� �
: (20)

These fields are plotted in Fig. 1. The restoring temperature

decreases from 258C at the equator to 08C on average at 608N

(228C in winter and 28C in summer). The winter also corre-

sponds to the period with less solar flux, which encounters a

higher seasonality at high latitude than at the equator.

Several critical processes are missing here to obtain a realis-

tic forcing, including the absence of interactive atmosphere

and of sea ice, as the restoring temperature is too high to al-

low the formation of sea ice. We return to the potential limita-

tions of not including sea ice formation in our configuration in

section 6.

The model is run 2000 years for each simulation until equi-

librium with level averages of temperature and salinity trends

below 0.18C and 0.01 g kg21 per millennium, respectively.

Fifty-year mean fields are used for all the subsequent ana-

lyzes, except for the SCI and for the mixed layer depth, where

monthly averages are used.

4. Reference run

a. General description

The reference run uses the reference parameters for the

EOS defined in Table 1 and is labeled as ref. The wind stress

is kept constant between the different runs. As the barotropic

streamfunction depends to first order on the wind stress, it is

very similar for all the runs. It is shown in Fig. 2 along with

the theoretical Ekman vertical velocities at the bottom of the

Ekman column. The three expected gyres are present: an

equatorial gyre from 08 to 108N, a subtropical gyre from 108 to

∼408N, and a subpolar gyre from ∼408 to 608N. The theoreti-

cal Ekman vertical velocity wEk shows downwelling south of

34.88N and upwelling north of this latitude. The wEk is com-

puted using the following formula in spherical coordinates

(Pedlosky 1996, chapter 1):

wEk � 2
1

r0

1

R cosw

­

­w

tk cosw

r0f

� �
, (21)

where R is Earth’s radius.

Figure 3 shows the overturning streamfunctions in density

coordinates. The reference depth used for the potential den-

sity does not have a major impact on the results, thus s0 refer-

enced at the surface is used. The surface circulation induced

by the wind is visible at low latitude. A deeper cell corre-

sponds to the deep circulation induced by the surface buoy-

ancy forcing. This circulation is weak but oriented toward the

equator.

Figure 4 shows the mean SST, SSS, and surface density

anomaly (s0) of the reference run. The main features ex-

pected to be produced by the model are present: a strong

western boundary current visible in the SST and the SSS, ad-

vecting warm and salty water between about 108 and 458N, an

equatorial upwelling at the eastern side, high salinity forced

by net evaporation in the subtropics and low salinity (precipi-

tation zones) close to the equator and in the subpolar region,

while a cold freshwater pool is found on the northwest part of

the basin.

The lowest densities are found in the western tropics, where

the warmest SST are found. By contrast, the densest surface wa-

ters are not found at the coldest SST, due to the compensating
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effect of salt. They are located in the northeast area of the ba-

sin, while the coldest water is in the northwest, in a very fresh

area. The maximum surface density anomaly is smaller than the

maximum of s*
0. However, in similar runs without seasonality in

the forcing fields, the surface maximum density anomaly is

larger than the maximum of s*
0, due to advection of salty water

in a cold region (figure not shown).

The western boundary current is visible on the sea surface

height (SSH; Fig. 5a). An eastern boundary current is also vis-

ible in the eastern side, north of 308N. These two currents ad-

vect warm and salty water in direction of the pole, and under

the restoring condition these water masses will lose both heat

and salinity.

The annual maximum of the mixed layer depth (MLD) is

shown in Fig. 5b. We use a density criterion with a threshold

of 0.01 kg m23 (de Boyer Montégut 2004). Because of the sea-

sonality of the heat forcing, the mixed layer gets shallower in

summer and deepens in winter, especially in the northern part

of the basin where the temperature seasonality is the most im-

portant. Looking at the annual maximum reveals the deep

convective area, which is situated in the northeast part of the

basin. The fresh and cold pool visible on the SST and SSS

maps appears to be very stratified and to have a shallow MLD

of less than 200 m, compared to more than 3000 m on the

eastern side at the same latitude. The SCI at the bottom

of the winter ML (Fig. 5c), defined by Eq. (7), shows a sharp

demarcation between the alpha (in red) and beta ocean

(in blue) around 508N. The northwest fresh pool is a beta

ocean, implying that the salinity increases with depth (stabilizing

effect), but that the temperature also increases (destabilizing

effect). This means that deep water is saltier and warmer than

the water in the mixed layer, implying that this deep water

has been formed in a warmer area. A very narrow transition

zone (surrounded by the white contour in the figure) lies be-

tween the alpha and beta ocean.

The alpha–beta front matches closely the northern limit of

the deep ML region. Indeed, the beta region arises from the

fact that fresh and cold water lies over saltier and warmer wa-

ter. This deeper water comes from the deep ML region where

it convects and is then advected into the northwest pool.

Figure 6 presents two sections of the SCI, at the end of the

winter, when the mixed layer is the deepest, and at the end of

FIG. 2. Wind induced circulation: (a) theoretical Ekman vertical velocity and (b) barotropic response for the reference

run. The Ekman velocity is not shown south of 28N, as it diverges to2‘.

FIG. 3. Meridional overturning streamfunction computed in den-

sity coordinates. The green and blue lines represent the zonal mini-

mum and maximum surface densities, respectively. Following stan-

dard conventions, the circulation is clockwise around maximum

streamfunction values.
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the summer when the surface layers are the most stratified.

The shallow fresh pool is visible north of 508N, where the

ocean is stratified by the salinity in the upper 100 m, particu-

larly in the section 1 (at k = 14.58E). Apart from this small

area, the majority of the ocean is classified as alpha ocean and

a transition zone area exists between 408 and 508N, close to

the surface, and in the tropical region, and below 2000 m al-

pha ocean prevails. Due to the annual cycle of the thermal

forcing, restratifying thermally the ocean in summer, the beta

region is limited in its depth. On both sections it is seen that

this shallow layer of beta ocean acts as a lid that prevents con-

vection in winter. A control run conducted without the annual

cycle shows deeper beta region in the north (not shown).

b. Buoyancy forcing and response

Following Eq. (3), Fig. 7 presents the surface buoyancy flux

and its decomposition into the thermal and haline compo-

nents. The annual-mean surface buoyancy flux sets the surface

density change induced by the external forcing; we thus use

the yearly averages of the surface buoyancy flux. The south-

ern part of the basin gains heat while the northern part loses

it. The fluxes are small around 108N, where the surface veloc-

ity is zonal and the mixed layer shallow, leaving enough time

for the water to thermally equilibriate with the forcing. The

most negative buoyancy fluxes due to heat are found in the vi-

cinity of the western boundary current, where warm water is

advected northward.

The maximum values of FQ
b are roughly 10 times larger than

the maximum values of FS
b . However, as FQ

b is small in the

northern part of the basin, these two components are compa-

rable there. Around 558N, the buoyancy forcing changes sign

and becomes positive northward due to the freshening flux.

This inversion of the surface flux is possible because 1) the

heat flux becomes small in the north and 2) the TEC decreases

at low temperature. The effect of this second point is that the

influence of the heat flux on the buoyancy flux decreases in

the polar regions. The densest surface water must be located

in an area of buoyancy loss, so the surface buoyancy flux inver-

sion marks a northern limit for the surface densest water.

Moreover, this densest surface water is located where the

mixed layer is deepest, i.e., in the convective zone.

5. Comparison with different parameters in the EOS

In the reference run the position where the surface buoy-

ancy flux changes sign in the north is well correlated with the

position of the alpha–beta front. This front also corresponds

to the northern boundary of the deep ML area and the southern

FIG. 4. (a) SST, (b) SSS, and (c) surface density anomaly for reference run. The horizontal orange line in (c) indicates wM.
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boundary of the northwest fresh pool. This section studies the

causality hidden behind this correlation. Added to the reference

experiment, four sensitivity runs have been conducted, with

changes of the EOS parameters (Fig. 8a), resulting in different

variations of the TEC with temperature. The wind is kept un-

changed between the different runs.

Figure 9 shows the total surface buoyancy flux for the five

experiments, along with the position of the beta boundary

(SCI = 21) (the white line with a black contour). The runs

are ordered with increasing polar TEC value from left to right

(Fig. 8b). In this way, the experiments are organized with a

relative decrease (increase) of the salinity (temperature) ef-

fect from left to right. Even if not exactly located at the same

place, the positions of the polar transition zone and the buoy-

ancy flux inversion are very close and follow a similar evolu-

tion between the runs. For higher values of the TEC (lower

relative salinity impact) the transition zone is pushed to the

north of the basin, where the salt fluxes eventually take con-

trol of the buoyancy flux. On the contrary, if the TEC is small,

the heat flux will have a smaller impact on the buoyancy flux

(as it is scaled by it) and the salinity control arises more to the

south. The more the alpha–beta boundary is pushed to the

north, the more it becomes affected by the subpolar gyre, and

loses its zonality to become more meridional. The beta ocean

is associated with shallow MLD, and a deep ML is found just

south of the beta boundary (Fig. A1, appendix A).

The locations of the polar transition zone and of the buoy-

ancy flux inversion are not perfectly zonal due to the effect of

the subpolar gyre. However, it is possible to compute an

equivalent average latitude, which corresponds to the southern

latitude of a zonally uniform ocean, sharing the same integrated

area that the area of interest (either the area SCI , 21 or of

buoyancy gain in the subpolar region). The detail of the calcula-

tion is given in appendix B. The wb is the equivalent latitude of

the buoyancy flux inversion and wb the southern latitude of the

fresh beta area. We use wb as a proxy for the latitude of the po-

lar transition, as its latitudinal extension is very narrow in our

experiments.

These two latitudes increase when wM increases, emphasizing

the role of the buoyancy forcing (Fig. 10a). When buoyancy

FIG. 5. (a) Sea surface height, (b) annual deepest mixed layer depth, and (c) stratification control index under the mixed layer for the

reference run, taken in each point at the time of the year when the mixed layer is the deepest. The white contour in (c) indicates the transi-

tion zone, i.e., 21 , SCI, 1, while the two black contours emphasize the 1800- and 3600-m MLD [these contours correspond to the two

white contours of (b)]. When the mixed layer reaches the bottom cell, no value is used for the SCI (white areas). The black dashed lines

represent the location of the sections presented in Fig. 6.
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flux inversion latitude increases, this pushes the beta ocean fur-

ther north, as shown in Fig. 10b. As the wind is unchanged be-

tween the five experiments, the effect of the Ekman pumping

cannot be the direct driving effect of the change of latitude of

the transition zone. In contrast, the buoyancy forcing is modi-

fied at leading order. More specifically, as heat and salt play op-

posite roles for the buoyancy flux in the northern region, the

location where they exactly balance and where the buoyancy

flux has an inversion is not only function of their amplitude but

also function of the variable TEC. So if the TEC value in the

polar region increases, the latitude of the buoyancy inversion in-

creases as well (Fig. 10c). In contrast, the latitude of both buoy-

ancy inversion and polar transition are not monotonically

varying with Cb (Fig. 10d).

Changing the TEC and the position of the deep-water creation

also changes the properties of the abyssal water (Figs. 10e,f).

When the buoyancy inversion is moved northward, the bottom

water becomes consequently colder and fresher. As a result,

the basin average of both salinity and temperature decrease,

with a value of about 0.2 g kg21 and 28C, respectively, for the

range of the experiments.

6. Discussions and conclusions

We have studied here the control of the position of the po-

lar transition zone by the air–sea buoyancy fluxes, particularly

by the competition between opposing heat and freshwater

surface fluxes. We used an idealized configuration of the

OGCM NEMO to verify the hypothesis that the wind or the

cabbeling effect are not the main driver of the alpha–beta

transition, and that they are not setting the position of the

convergence zone and subduction, but on the contrary that

the buoyancy fluxes are leading the control. As the relative ef-

fect of the heat and freshwater fluxes on the buoyancy fluxes

is scaled by the TEC, we modified the equation of state for

seawater while restoring the surface temperature and salinity

toward the same fields to change the magnitude of these

fluxes. When the value of the TEC was artificially increased in

the subpolar region, the effect of temperature on stratification

and buoyancy flux was made stronger, decreasing the relative

impact of salinity fluxes.

The reference run uses a simplified nonlinear EOS with

parameters that best fit the TEOS-10 standard (Roquet et al.

2015). The resulting circulation is close to the expected one

for a closed basin with three gyres. A striking point is that

the convective zone is located immediately south of the beta

region. It is easily understood why deep convection cannot

occur in the beta region. Since the stratification near the sur-

face is there controlled by the salinity, the winter cooling

cannot destabilize the water column. In other words, the

capping layer of freshwater prevents convection in the beta

region.

FIG. 6. Sections of the SCI in March and September for the longitudes 14.58 and 31.58E. The mixed layer reaches the

bottom in March at 31.58E, and below 2000 m all the ocean has a SCI greater than 2.
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The maximum surface densities occur in the convective

zone. It has been noted in the past that the transition zones in

the Northern Hemisphere are indeed located in areas of local

maximum density and low stratification (Roden 1970; Stewart

and Haine 2016). If the surface water is denser than the water

below the mixed layer, the column becomes unstable and the

mixed layer deepens. This dense water may escape the sea-

sonal thermocline and ventilate the permanent thermocline

through lateral advection, a process reminiscent of the forma-

tion of North Atlantic Deep Water in the North Atlantic ba-

sin. Due to the large seasonality of the thermal forcing, the

convective region is likely to become stratified by tempera-

ture in summer. The densification of surface water happens

where surface buoyancy fluxes are negative. If dense water is

advected into a region of positive surface buoyancy fluxes, it

becomes lighter and thus contributes to making the mixed

FIG. 7. Buoyancy fluxes: (a) the heat contribution, (b) the salt contribution, and (c) the total flux. The colors are saturated at

61.5 3 1028 m2 s23 so that the variations of the salt contribution are visible. The gray lines are separated by 1.5 3 1028 m2 s23, and the

white line here underlines the 0 m2 s23 contour.

FIG. 8. (a) Cb vs a0 scatterplot, and (b) variation of the TEC with respect of the temperature for the five experiments.
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layer shallower. This simple mechanism highlights the impor-

tance of the position where the sign of the surface buoyancy

flux changes, which itself results from a competition between

heat and freshwater fluxes.

Figure 11 presents a conceptual view of the buoyancy flux

control on the stratification, and on the intermediate water

formation. Three regions result from the competition between

FQ
b and FS

b : a region a buoyancy loss surrounded by two re-

gions of buoyancy gain. At the surface, water is advected

poleward in the region of buoyancy loss (in the eastern part

of the basin). This loss leads to an increase of the mixed layer

depth, until the surface layer reaches the subpolar region,

where the buoyancy fluxes become positive again. A fresh

layer stratified by salinity is formed that prevents convection

in this region. At depth, the water formed in the deep mixed

layer area leaves the winter mixed layer by lateral induction

to form the intermediate (or deep) water. This induction is di-

rected equatorward on average, although it is associated with

a cyclonic flow in the north before reaching the western slope

to form a deep boundary current.

The polar transition zone corresponds to the boundary be-

tween the alpha and beta zones. In our experiments, the tran-

sition zone is very narrow and it matches the position where

the surface buoyancy flux changes sign, becoming positive to-

ward the north. The surface buoyancy flux changes sign when

the negative heat flux becomes overridden by the positive

freshwater flux. Importantly, this inversion is not driven by an

intensification of the freshwater flux, but rather by the dropping

value of the TEC associated with decreasing surface tem-

peratures. If the TEC value is increased at low temperature

in the model, the relative effect of salinity on the stratifica-

tion is decreased and the convective zone is shifted pole-

ward. In the extreme case where the TEC value is made

very large for low temperatures (e.g., for a linear EOS with

a value of the TEC close to the ocean average value of

2 3 1024
8C21), the freshwater flux cannot overcome the

large buoyancy loss due to heat fluxes anywhere. The result

is a disappearance of the beta ocean in those simulations

(not shown). In this study, the wind forcing has been kept

unchanged. The large migration of the polar transition zone

despite constant wind demonstrates that it is the buoyancy

forcing that controls its position rather than the wind. How-

ever, the wind forcing can modify the buoyancy forcing

through generation of meridional Ekman fluxes and by

modulating the strength and structure of basin-scale gyres,

indirectly affecting the position of the polar transition. We

leave the task of assessing how the wind forcing affects the

polar transition for a future work.

There are of course important limitations due to the nature

of the single hemisphere basin configuration used in this

study. The absence of a reentrant channel complicates the

analogy with the Southern Ocean, although it is widely recog-

nized that the general stratification depends critically on the

presence of the Southern Ocean to produce a deep reaching

circumpolar current and deepen the permanent pycnocline

(Gnanadesikan 1999; Wolfe and Cessi 2011). The coarse

FIG. 9. Net buoyancy flux for every run. No major difference is visible south of 408N so the figures have been cropped. The white line

with black contour represents the 21 value of the SCI under the ML. As the polar transition zone is very narrow between the alpha and

beta oceans, this line corresponds very well to the transition between the alpha and beta oceans. The orange line represents the latitude of

wM, the latitude of maximum value of s*
0.
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resolution used here also means mesoscale variability is not

explicitly resolved, which would otherwise significantly com-

plicate the structure and variability of the transition zone. As

sea ice and brine rejection are not represented in the present

idealized model, convection does not occur in the beta region

resulting in the absence of a bottom stratification between

deep and bottom waters. Sea ice modifies the freshwater forc-

ing, through brine rejection or melting, modulating air–sea

fluxes in the polar region. If the added freshwater is trans-

ported away from the sea ice formation area, e.g., by Ekman

transport, the polar transition may consequently be shifted

equatorward and convection in the transition zone may be-

come hindered. Investigation would be needed to determine

the contribution of sea ice melting to the freshwater budget

around the transition zones. However, our results depend

mainly on fluxes into the sea, so we expect the role of TEC

variations on the surface buoyancy fluxes to be a robust

feature directly applicable to the real ocean. As the transition

zone in all basins is characterized by rapid changes in the type

of stratification control (Pollard et al. 2002; Carmack 2007;

Pauthenet et al. 2019), it is likely that the position of these

fronts will remain primarily influenced by the surface buoy-

ancy fluxes.

The mean ocean temperature, through its associated influ-

ence on the TEC value, is known to have an impact on the

overturning circulation by the induced change of stratifica-

tion (e.g., de Boer et al. 2007; Schloesser 2020). What has

been less discussed is the potential migration of the deep-

water formation area. As TEC is primarily a function of sur-

face temperature (Roquet et al. 2015), a change of the TEC

driven by surface warming will also impact the relative influ-

ence of the heat and freshwater fluxes. This change can be

expected to influence in return the global circulation and

the deep ocean thermohaline properties. We did not find

FIG. 10. (a) Latitude of the southern boundary of the beta ocean wb and latitude of the buoyancy front wb vs wM the

latitude of maximum s*
0, (b) wb vs wb, (c) wb function of the value of the TEC in the convective area, (d) wb and wb vs

cabbeling parameter Cb. Evolution of the basin average and abyssal (e) temperature and (f) salinity as a function of

the front latitude. The abyssal properties are computed as latitude–longitude averages over the bottom cell of the

ocean.
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any indication that the cabbeling effect may be of leading order

in setting the position of the polar transition and convective

area, as similar locations and structures of the polar transition

zone were found for model runs with vastly different cabbeling

parameters but similar TEC in the polar area (runs not

shown, Cb varying between 0 and 35 3 1023
8C22 kg m23).

This does not mean, of course, that cabbeling has no effect

in the transition zone, as it has been estimated that a signifi-

cant densification of water masses is generated by cabbeling

in transition zones (e.g., Groeskamp et al. 2016); however,

this implies that the position and overall structure of the

transition zone is probably not determined by the cabbeling

effect.

This study highlights the primary importance of surface

buoyancy fluxes in setting the general structure of the ocean

stratification and the associated meridional overturning. It

also documents one key way the thermodynamic properties

of seawater have a global impact on the ocean circulation,

namely, through the effect of geographic variations of the

TEC on the distribution and sign of the surface buoyancy

fluxes.
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APPENDIX A

Comparison of MLD

Figure A1 compares the MLD for the five runs, along

with the position of the beta ocean boundary. As expected,

the beta ocean has a shallow ML, and the deepest ML are

found immediately south of the polar transition zone. A

clear correlation between the latitude of the maximum

MLD, latitude of wM and polar TEC value can be seen, in-

dicating that increasing the value of the TEC at low tem-

perature is accompanied with a poleward migration of the

polar transition zone.

APPENDIX B

Equivalent Latitude Calculation

This appendix gives the detail of the equivalent latitude

calculation for the buoyancy flux inversion. First the area A

of the ocean poleward of 488N that gains buoyancy is

FIG. 11. Zonal conceptual view of the ocean. (top) The surface buoyancy fluxes, where the gray background is for

positive fluxes and the white one for negative fluxes. The green wavy arrows represent the surface buoyancy flux: they

are oriented downward for buoyancy gain, and upward for buoyancy loss. The two latitudes of buoyancy flux inver-

sion are indicated by the vertical gray lines. (bottom) The zonal view of the ocean is shown. The red color is used for

the alpha ocean, blue color for the beta ocean, and white for the transition zone. The mixed layer depth is represented

by the black line, and the five gray lines represent five isotherms named byQn with n between 0 and 5.
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computed. The area Aeq of a zonally uniform ocean bounded

by the southern latitude wb is calculated as

Aeq � A �
�
kW

kW

�wN

wb

a2 cos w
p

180

� �
wk, (B1)

where kW = 08E (kE = 408E) is the western (eastern) coast,

wN � 60.58N is the northern boundary of the basin, and

a � 111 198 km the length of 18 at the equator. Inverting

this equation gives

wb � arcsin sin(wN) 2
A

a2(kW 2 kE)

� �
: (B2)

The same method is used for the area where SCI , 21

to compute the southern boundary of the latitude of the

fresh beta area.
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Abstract. The Southern Ocean hosts a winter deep mixing band (DMB) near the Antarctic Circumpolar Current’s (ACC)

northern boundary, playing a pivotal role in Subantarctic Mode Water formation. Here, we investigate what controls the pres-

ence and geographical extent of the DMB. Using observational data, we construct seasonal climatologies of surface buoyancy

fluxes, Ekman buoyancy transport, and upper stratification. The strength of the upper ocean stratification is determined using

the columnar buoyancy index, defined as the buoyancy input necessary to produce a 250 m deep mixed layer. It is found that5

the DMB lies precisely where the autumn – winter buoyancy loss exceeds the columnar buoyancy found in late summer. The

buoyancy loss decreases towards the south, while in the north, the stratification is too strong to produce deep mixed layers.

Although this threshold is also crossed in the Agulhas current and East Australian current regions, advection of buoyancy is

able to stabilise the stratification. The Ekman buoyancy transport has a secondary impact on the DMB extent due to the com-

pensating effects of temperature and salinity transports on buoyancy. Changes in surface temperature drive spatial variations10

of the thermal expansion coefficient (TEC). These TEC variations are necessary to explain the limited meridional extent of

the DMB. We demonstrate this by comparing buoyancy budgets derived using varying TEC values with those derived using a

constant TEC value. Reduced TEC in colder waters leads to decreased winter buoyancy loss south of the DMB, yet substantial

heat loss persists. Lower TEC values also weaken the effect of temperature stratification, partially compensating for the effect

of buoyancy loss damping. TEC modulation impacts both the DMB characteristics and its meridional extent.15

1 Introduction

The Southern Ocean (SO) plays a crucial role in global climate dynamics (Rintoul, 2018). The Antarctic Circumpolar Current

(ACC), a defining feature, is demarcated by key fronts (Fig. 1): the Northern Boundary (NB), the Subantarctic Front (SAF), the

Polar Front (PF), the Southern Antarctic Circumpolar Current Front (SACCF), and the Southern Boundary (SB) (Orsi et al.,

1995). These fronts mark distinct regions of water masses with varying properties and stratification (Pauthenet et al., 2017).20

Temperature is the stratifying agent north of the SAF in the Atlantic and Indian sectors of the SO (Pollard et al., 2002), a regime

known as the alpha ocean (Carmack, 2007). Between the SAF and the PF, both temperature and salinity increase stratification

in the so-called polar transition zone (Caneill et al., 2022). Finally, salinity is the only stratifying agent in the beta ocean south

of the PF.
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Figure 1. Mixed layer depth climatology in the SO with the major ACC fronts in (a) April and (b) September. From north to south, the NB

(maroon colour), SAF (yellow), PF (red), and SB (purple) fronts from Park et al. (2019) are plotted. The MLD are from de Boyer Montégut

(2023). Hatches and white contour represent the DMB. For these maps, and for the following maps of this paper, the northern boundary is at

30 ◦S. In latitude, grid lines are spaced every 10 degrees, with black lines at 40 ◦S and 60 ◦S.

A striking phenomenon known as the deep mixing band (DMB) emerges during winter in the SO (DuVivier et al., 2018).25

Situated mostly north of the SAF (Fig. 1 and Dong et al. (2008)), this narrow band of intense vertical mixing is of paramount

importance in shaping the ocean’s thermal and dynamic structure. The DMB is characterised by mixed layers (MLs) deeper

than 250 m in winter. Intense buoyancy loss due to winter heat release deepens the ML, and the Ekman transport of cold water

intensifies it (Naveira Garabato et al., 2009; Holte et al., 2012; Rintoul and England, 2002). This distinctive feature is found in

both the Indian and Pacific sectors of the SO and underpins the formation of the Subantarctic Mode Water (SAMW) (Belkin and30

Gordon, 1996; Speer et al., 2000; Hanawa and Talley, 2001; Klocker et al., 2023). The SAMW, a conduit for heat and carbon

exchange, exerts significant influence on the global oceanic circulation and climate processes as it forms a major component of

the upper limb of the global overturning circulation (Sloyan and Rintoul, 2001). By its capacity to take up anthropogenic CO2

it is a key component of the Earth’s climate (Sabine et al., 2004).

The DMB is a major site for the uptake of anthropogenic heat and carbon from the surface to the interior (Roemmich et al.,35

2015; Gruber et al., 2019), however the physics controlling both its location and latitudinal extent remains insufficiently un-
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Figure 2. Thermal Expansion Coefficient function of Conservative Temperature. The pressure is 0 dbar and the Absolute Salinity

35.5 g kg−1. The graph stops at −1.9 ◦C, the freezing point.

derstood (DuVivier et al., 2018; Fernández Castro et al., 2022). Holte et al. (2012) argued that the strength of the summer

stratification determines the potential of the water column to form a deep ML in the following winter. The stratification in

summer is decreased by enhanced vertical mixing (Sloyan et al., 2010), eddy-driven jet scale overturning circulation (Li and

Lee, 2017), and wind stress curl induced upwelling (Dong et al., 2008). Downstream of the Agulhas Retroflection and down-40

stream of the Campbell Plateau, eddy diffusion of heat has a tendency to stabilise the mixed layer (Sallée et al., 2006, 2008),

and the spring and summer heat gain contributes to increase stratification. The geostrophic flow is roughly oriented along the

isotherms and does not induce any large horizontal heat fluxes in the SO, away from western boundary currents (Dong et al.,

2007). In contrast, a subsurface salinity maximum advected from subtropical water is present in most of the SO in summer,

decreasing stratification below it (DuVivier et al., 2018). This salinity-driven weakening of stratification could be compensated45

by temperature stratification.

Another effect relates to the nonlinear nature of the equation of state for seawater, known to play a role for the formation

of Antarctic Intermediate Water (Nycander et al., 2015). The density change induced by temperature is scaled by the thermal

expansion coefficient (TEC, α), defined as:

α = − 1

ρ

∂ρ

∂Θ

����
SA,p

(1)50

using Conservative Temperature Θ and Absolute Salinity SA (IOC et al., 2015). The TEC also scales the contribution of heat

fluxes to buoyancy fluxes. The TEC is a function of temperature and pressure and follows a quasi-linear relationship with

temperature at the surface (Fig. 2). It is about 10 times smaller at −1.8 ◦C than at 30 ◦C. This effect makes the density of cold

water less sensitive to temperature changes than that of warm water, enhancing the role of salinity and minimising the influence

of heat fluxes on buoyancy fluxes in polar regions (Bryan, 1986; Aagaard and Carmack, 1989; Roquet et al., 2015). Variations55

in the TEC value also imply that winter heat fluxes have less impact on density than summer heat fluxes. Schanze and Schmitt

(2013) showed that variations in the TEC increase the global buoyancy flux by 35% due to seasonal effects. The variations in
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the value of the TEC allow for a total non-zero buoyancy flux while having a zero net heat flux (Garrett et al., 1993; Zahariev

and Garrett, 1997; Hieronymus and Nycander, 2013). The global stratification distribution is very sensitive to changes in the

TEC value (Roquet et al., 2015; Nycander et al., 2015). Its low value in the polar regions is the fundamental mechanism that60

allows the maintenance of a halocline under large cooling conditions and thus strongly promotes sea ice formation (Roquet

et al., 2022).

Using numerical simulations of an idealised closed basin, Caneill et al. (2022) studied the impact of buoyancy fluxes in

setting the position of the deep MLs, the equivalent of a DMB in their simulations. In their closed basin study, they determined

that the inversion of the sign of annual buoyancy fluxes primarily drives the poleward extent of the deep mixed layers. These65

buoyancy fluxes resulted from a competition between heat loss and freshwater gain. The inversion was, however, not driven

by either an increase in freshwater fluxes or a decrease in heat loss. Rather, it was driven by the decrease in the TEC value in

cold water, which strongly reduced the heat flux contribution to buoyancy fluxes towards the pole. The competition between

heat and freshwater fluxes is thus unequal in polar regions. It is not clear whether a simple link between the DMB position

and buoyancy fluxes still holds in the SO and if the variations of the TEC are sufficient to constrain the poleward extent of the70

DMB. In fact, the position of the DMB is not correlated with a unique component of the surface forcing, which includes wind

stress, wind stress curl, buoyancy flux, and mesoscale eddy activity (DuVivier et al., 2018).

Here, we aim to characterise the dominant control of the position of the DMB in the SO by the interplay of buoyancy

fluxes and stratification. For this, we create climatologies of buoyancy fluxes and stratification and compare their respective

intensities. The effect of the Ekman transport is added as an extra term in the buoyancy fluxes. Measuring surface buoyancy75

fluxes presents challenges, entailing significant uncertainties within the SO (Cerovečki et al., 2011; Swart et al., 2019), so

we focus on the climatological state of the ocean. Both seasonal and annual fluxes are taken into account, and the focus for

stratification is late summer, after preconditioning has occurred, just before the ML starts to deepen. Additionally, we also aim

at characterising the impact of the variations in the TEC value on the width of the DMB. For this, we compare the climatologies

computed with modified TEC values.80

This paper is organised as follows: First, we present the data used in this study; we then describe the equations that govern

buoyancy fluxes, the Ekman transport, and stratification intensity. We continue by describing the results and we end with a

discussion and conclusions.

2 Data and methodology

Here, we describe how we constructed the climatologies for buoyancy fluxes and stratification (both its strength and thermoha-85

line components). The general methodology consists in computing monthly components of the buoyancy fluxes for each year

before averaging to produce monthly climatologies. We used the years 2005 to 2016 for all fluxes, as this is the record period

of the ISCCP-FH MPF product (providing short and long wave heat fluxes). The stratification is computed using the Monthly

Isopycnal & Mixed-layer Ocean Climatology (MIMOC) (Schmidtko et al., 2013).

4

https://doi.org/10.5194/egusphere-2023-2404

Preprint. Discussion started: 19 October 2023

c� Author(s) 2023. CC BY 4.0 License.



2.1 Buoyancy fluxes90

2.1.1 Surface buoyancy fluxes

Surface buoyancy fluxes are defined from heat and freshwater fluxes (e.g. Gill and Adrian, 1982):

B
surf =

gα

ρ0Cp

Qtot

� �� �
B

surf
Θ

− gβS

ρ0

(E −P −R)

� �� �
B

surf
S

(2)

where g is the gravity acceleration, Cp ≃ 3997 J kg−1 K−1 the heat capacity, Qtot the total heat flux in W m−2, E the evap-

oration, P the precipitation, R the river runoff both in kg m−2 s−1, and S the surface salinity. B
surf
Θ is the heat contribution,95

B
surf
S the salt contribution, and Bsurf the total surface buoyancy flux in m2 s−3.

Qtot is divided into 4 components: net long wave radiation (QLW ), net short wave radiation (QSW ), latent heat (QLH ), and

sensible heat (QSH ). Monthly latent and sensible heat fluxes are taken from the monthly means Objectively Analyzed Air–Sea

Fluxes 1 degree dataset (OAflux; Yu and Weller, 2007) (these fluxes are only provided for oceans free of ice) and ISCCP-FH

MPF (monthly means) for the short and long waves (Schiffer and Rossow, 1983; Rossow and Schiffer, 1999). The TEC is100

computed using the SST provided by OAflux, and the surface salinity is taken from Estimating the Circulation and Climate of

the Ocean (ECCO) Version 4, Release 4 (Forget et al., 2015). ECCO monthly outputs have been bilinearly interpolated from

the tiles onto a 1-degree longitude–latitude grid using the SciPy Python library (Virtanen et al., 2020).

Due to the difficulties in computing the turbulent fluxes, the total heat budget is not closed. Following Schanze and Schmitt

(2013), we remove the global average (time, longitude, and latitude) of the heat and freshwater fluxes to balance them. Before105

adjustment, the average of the heat fluxes is 24.49 W m−2, and the average integrated freshwater imbalance is −0.2 Sv. Com-

pared to the heat and buoyancy fluxes derived from ECCO, it is found that the patterns of heat and buoyancy gain or loss are

better represented after correction (Appendix A).

Freshwater fluxes combine OAflux for evaporation, Global Precipitation Climatology Project (GPCP) Version 2.3 for pre-

cipitation (Adler et al., 2018), and ECCO for river runoff.110

Two seasonal components are necessary to complement the annual mean of the fluxes: buoyancy loss and buoyancy gain. We

split the annual buoyancy flux into its negative and positive components: the “cooling season” (CS) and the “warming season”

(WS). CS is defined by the months April to September (included) and WS by the months October to March (included). This

gives BCS and BWS . This division captures an overview of buoyancy loss and gain throughout the seasons.

Sea ice formation and melting are associated with freshwater fluxes at the surface of the ocean. In the Southern Ocean, sea115

ice mostly forms close to the Antarctic coast and melts more uniformly after being exported away by wind and oceanic currents

(Holland and Kwok, 2012). In the sea ice covered area, winter heat fluxes are small, and brine rejection when sea-ice is forming

is the main component of buoyancy fluxes (Klocker et al., 2023). In summer, buoyancy fluxes are positive as sea ice melts and

the ocean warms up (Pellichero et al., 2018). In this study, we focus on the DMB located north of and within the ACC, which

is ice-free all year. Therefore, we will not take sea ice formation or melting into account in our buoyancy flux calculations.120
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2.1.2 Ekman buoyancy fluxes

The Ekman transport advects heat and salt, which leads to lateral buoyancy fluxes. As is commonly done, we assume that the

Ekman depth is contained within the ML (e.g. Qiu and Kelly, 1993; Sallée et al., 2006; Dong et al., 2007), so Ekman transport

acts to modulate the buoyancy forcing seen at the bottom of the ML.

Associating the Ekman depth with the MLD comes from the fact that the turbulent viscosity should be large in the ML125

and small below. However, this is not obvious; studies do not always agree, depending on the region and method. Lenn and

Chereskin (2009) found that viscosity decreased from approximately 0.1 m2 s−1 at 26 m depth to near zero at 90 m in the

Drake passage using ADCP measurement of velocity. In contrast, Roach et al. (2015) found that a model with a vertically

uniform viscosity between 0.05 m2 s−1 and 0.25 m2 s−1 represented the observed spirals well. Nevertheless, despite the lack

of observations of the Ekman depth in the SO, Dong et al. (2007) found that using the MLD as the Ekman depth was giving130

accurate results in the mixed layer heat budget.

To compute buoyancy fluxes, one needs to compute the Ekman horizontal transport (e.g. Qiu and Kelly, 1993; Yang, 2006):

−fVEk =
τx

ρ
and fUEk =

τy

ρ
(3)

Using the heat and freshwater fluxes due to horizontal Ekman advection,

QEk = ρ0CpUEk·∇Θ (4)135

FWEk =
ρ0

S
UEk·∇S (5)

the Ekman transport is derived from wind stress using (3), leading to:

B
Ek
Θ = − gα

ρ0f

�
τy ∂Θ

∂x
− τx ∂Θ

∂y

�
(6)

B
Ek
S =

gβ

ρ0f

�
τy ∂S

∂x
− τx ∂S

∂y

�
(7)

BEk are fluxes within the Ekman layer. Under the assumption that the Ekman layer is contained within the ML, B, the sum of140

BEk and Bsurf , corresponds to the buoyancy flux taken at the base of the ML.

We computed daily averages of wind stress from the CMEMS “Global Ocean Wind L4 Reprocessed 6 Hourly Observations”.

To compute horizontal gradients of temperature and salinity, we used the ARMOR3D weekly product (Guinehut et al., 2012).

We took the average of the three upper levels (0 m, 5 m, and 10 m) and then did a linear interpolation in time to get daily data.

2.2 Stratification from columnar buoyancy145

We quantify the stratification using the columnar buoyancy (Lascaratos and Nittis, 1998; Herrmann et al., 2008):

CB(Z) =

0�

Z

−zN2(z)dz (8)
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with the z-axis oriented upward. N2(z) is calculated using the locally referenced potential density. For shallow depths, an

approximation using the potential density referenced at the surface is applicable. By integrating Eq. (8) with this approximation,

a formula directly using potential density profiles is obtained:150

CB(Z) ≃ g

ρ0

0�

Z

[ρθ(Z)− ρθ(z)]dz (9)

The columnar buoyancy, positive under stable stratification, quantifies the vertically integrated amount of buoyancy that must

be lost to create a ML of depth Z. We compute this index in April, which corresponds to the most stratified water column

before it is eroded during the cooling season. Dividing −CB by a time ∆t gives the buoyancy fluxes necessary to deepen the

ML to Z during ∆t (Faure and Kawai, 2015). Following DuVivier et al. (2018), we use the depth of 250 m as the deep mixed155

layer threshold:

B250 =
−CB(−250)

∆t
(10)

We used ∆t = 6months to allow comparison with the mean buoyancy loss of the cooling season (Sect. 2.1.1).

The influence of temperature and salinity alone on stratification is done by separating their effects, as is similarly done by

Sterl and De Jong (2022). B250 can thus be split using the decomposition of the buoyancy frequency into the thermal and haline160

components:

B250 =
g

∆t

0�

−250

α(z)
∂Θ
∂z

zdz

� �� �
BΘ

250

− g

∆t

0�

−250

β(z)
∂S

∂z
zdz

� �� �
BS

250

(11)

We expect BΘ
250 to be positive north of the PF and negative south of it, while BS

250 should be negative north of the SAF and

positive south of it.

The columnar buoyancy is computed using Monthly Isopycnal & Mixed-layer Ocean Climatology (MIMOC) in depth coor-165

dinates (Schmidtko et al., 2013).

2.3 Effect of the variations of the TEC

The TEC scales the effect of heat fluxes on buoyancy fluxes and determines the importance of temperature for stratification.

To investigate how the TEC variations affect stratification and buoyancy fluxes, we computed them using α0, a constant TEC

characteristic of the waters in the DMB. This replacement is made in Eqs. (2), (6), and (11). It will be explicitly mentioned170

when the constant TEC is used and the results are presented in Sect. 4.

To compute the value of α0, we used the average temperature of surface water located at 40 ◦S (Θ ≃ 14.7 ◦C), a salinity of

35.5 g kg−1, and a pressure of 0 dbar. The result is α0 ≃ 2.1× 10−4 K−1. The latitude 40 ◦S has been chosen as it roughly

corresponds to the latitude located just north of the DMB.
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3 Results175

3.1 Annual buoyancy fluxes

Annual surface buoyancy fluxes induced by heat fluxes (B
surf
Θ ) tend to be negative (cooling) north of 50 ◦S and positive south

of it, but the pattern shows large regional disparities (Fig. 3 (a)). The DMB is associated with a net annual cooling; in the Indian

and Pacific sectors, it is surrounded by regions of net annual warming. The heat loss is located north of the ACC in the Atlantic

and Indian sectors, while the heat loss in the east Pacific sector is located within the ACC. Except for this large region of loss180

in the Pacific sector, even if the heat fluxes look patchy, heat is mostly gained within the ACC. This is due to large radiative

heat fluxes compared to small sensible heat fluxes (Czaja and Marshall, 2015). Thus, heat fluxes are not zonally constant in

the ACC (Song, 2020; Josey et al., 2023). Overall, in both the Indian and Pacific sectors of the SO, the DMB is surrounded by

annual heat gain in the north and south. We note that the regions with the largest annual surface heat loss are colocated with

the western boundary currents, due to the advection of warm water (Fig. 3 (a)).185

In contrast to the patchiness and geographical variability of B
surf
Θ , the distribution of the haline component of the surface

buoyancy fluxes, B
surf
S , is much smoother. Precipitation in the south and evaporation in the subtropical gyres are responsible

for the global pattern of freshwater fluxes (Fig. 3 (b)). B
surf
S is mainly positive within the DMB and positive everywhere south

of it. This illustrates the fact that freshwater forcing depends little on ocean conditions, contrary to heat flux.

The sum of these two surface components, Bsurf , is similar to B
surf
Θ north of the ACC (Fig. 3 (c)). Within and south of the190

ACC, it is positive everywhere except in the Pacific sector, where the DMB occurs: a narrow band of buoyancy loss is present

with a large tongue of buoyancy gain north of it. Overall, a circumpolar band of buoyancy loss is present in the SO, surrounded

by buoyancy gain, particularly in the Indian and Pacific sectors. Caneill et al. (2022) found that the poleward boundary of the

deep MLs region was located at the inversion of the annual buoyancy fluxes in a coarse-resolution idealised closed basin study.

The circulation in the SO differs from the one in a closed basin as considered in Caneill et al. (2022); the path of the ACC is195

more or less zonal, while the closed basin circulation has an important meridional upper ocean transport. Moreover, the ACC

interacts with the bathymetry and presents a large eddy activity, two phenomena not really represented in the idealised basin

of Caneill et al. (2022). Despite these differences, their conclusion that deep MLs (the DMB in the SO) are bounded poleward

by the inversion of the annual buoyancy fluxes still holds in the SO. Additionally, the DMB is also bounded equatorward

by tongues of annual buoyancy gain, so that the DMB coincides with a narrow band of annual buoyancy loss surrounded by200

buoyancy gain.

3.2 Effect of the Ekman transport

The Ekman transport brings cold water northward south of about 30 ◦S and thus creates a negative buoyancy flux at the base of

the Ekman layer (Fig. 4 (a)). The largest negative values are found around the NB of the ACC in the Indian Ocean. The SAF

has a large SST meridional gradient (Kostianoy et al., 2004), which enhances the meridional advection of cold water and thus205

creates a large negative buoyancy flux. The Ekman salt component presents large positive values close to the NB (Fig. 4 (b)).

Summed together, the buoyancy fluxes induced by the Ekman transport are negative in the SO and positive in the southern part
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Figure 3. Climatology of the annual components of the surface buoyancy fluxes. The heat component (a), haline component (b), and their

sum (c) are plotted. On every plot, the thin black lines represent the 0 of the fluxes, and the maroon line is the northern boundary of the ACC,

defined as the northernmost closed contour of Mean Dynamic Topography, as defined by Park et al. (2019). Hatches represent the DMB. The

northern boundary is at 30 ◦S. In latitude, grid lines are spaced every 10 degrees, with black lines at 40 ◦S and 60 ◦S.
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of the subtropical gyres (Fig. 4 (c)). The negative temperature anomaly in the ocean induced by the Ekman transport creates a

positive anomaly in surface heat fluxes. As a result, Ekman and atmospheric heat fluxes likely partially compensate for each

other. Such partial compensation can be seen when comparing Fig. 3 (a) and Fig. 4 (a) and (d), e.g., in the south-east Pacific210

Ocean, north of the ACC. When the Ekman contribution is included, almost all the SO south of 30 ◦S is losing buoyancy due

to heat on the annual mean.

Regions within the ACC that gain heat from the atmosphere encounter compensation from Ekman transport and are thus

also losing heat on the annual mean (Fig. 4 (d)). Although B
surf
Θ is overall positive south of the NB of ACC, when the Ekman

heat component is included, Btot
Θ becomes negative almost everywhere in the SO (Fig. 4 (d)). The Ekman heat transport thus215

has a destabilising effect that counteracts the surface heat gain. The total salt component resembles its atmospheric part while

being slightly modulated by Ekman transport. B is negative between the ACC and 25 ◦S, and south of the DMB, it alternates

between regions of positive and negative values (Fig. 4 (f) and Fig. 5 (b)). It is continuously negative within the northern part

of the ACC in the Pacific sector.

In short, the Ekman transport generates important fluxes of both temperature and salinity but the net effect on the buoyancy220

at the bottom on the ML remains limited overall, with a few regional exceptions such as around the Kerguelen Plateau.
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Figure 4. Climatology of the annual components of the Ekman induced buoyancy fluxes, and the sum with the surface fluxes. The subplots

are organized as follows: the columns show the Ekman fluxes and the sum of Ekman and surface. The rows show the thermal component,

haline component, and their sum.
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Figure 5. (a) Winter MLD. The shading represents respectively the 5th – 95th, and 25th – 75th percentiles, and the solid line is the zonal

median. Mixed layers deeper than 250 m are found between 40 ◦S and 60 ◦S depending on the SO sector. (b) annual mean of the buoyancy

flux components, (c) cooling season means, and (d) warming season means. The black line is B the sum of surface and Ekman fluxes.

The vertical grid spacing is constant between panels. The black, green, and purple shading represents the region between the 25th and

75th percentiles for the total, heat surface, and salt surface components. The majority of the zonal differences arise from the surface heat

component. The gray box in the bottom represents a median position of the ACC.
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Figure 6. Climatology of (a) the thermal and (b) haline components of B250.

3.3 Upper ocean stratification and seasonal cycle of buoyancy fluxes

The strength of the stratification is studied using the columnar buoyancy B250 (computed in April, before the cooling season),

i.e. the equivalent buoyancy flux necessary to erode the summer stratification and form a 250 m deep mixed layer. The subtrop-

ical and subpolar SO are thermally stratified (BΘ
250 < 0), while in the polar region, the temperature component of stratification225

is negative (Fig. 6 (a)). The haline stratification follows an opposite pattern, with the salinity component of stratification de-

creasing stratification in the subtropical regions (BS
250 > 0) and increasing it in the polar regions (Fig. 6 (b)). We note that the

transition from salinity destabilisation to stabilisation is located northward of the temperature inversion. The exact location of

these stratification changes depends on the reference depth taken (250 m here), but the global pattern is a robust feature of the

stratification from subtropical to polar environments (Carmack, 2007; Roquet et al., 2022).230

In the DMB, as well as everywhere except close to Antarctica, the temperature stratifies on average in the upper 250 m in

summer (Fig. 6 (a)). The role of salinity is to stabilise the DMB in the Pacific Ocean; in the Indian Ocean, the DMB is located

at the boundary between the salinity-stabilising and destabilising regimes. The presence of a salinity maximum advected from

Agulhas water around 150 m deep in the region north of the ACC helps to decrease the summer stratification in the Indian

Ocean (Wang et al., 2014; Small et al., 2021; Fernández Castro et al., 2022).235

The stratification is the weakest in the southern part of the SO (Fig. 7 (a), Fig. 8, and Fig. 9 (a)). The strongest stratifications

are found in the subtropics (dark blue colours representative of the most negative value of B250, Fig. 7 (a)). At 20 ◦S, it reaches

a value more than five times larger than in the polar region. A band of stratification minimums exists around the DMB. Part of
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Figure 7. Climatology of (a) the CS buoyancy fluxes, (b) the intensity of late summer stratification characterized by B250, and (c) the

difference B250 −B
CS . The hatches surrounded by the black contour represent the DMB. The three black lines represent the transects

plotted in Fig. 8.

the existence of this minimum can be attributed to the fact that B250 includes the effect of the seasonal cycle of the stratification.

Outside the DMB, B250 captures more permanent stratification than within the DMB. Weak stratification is also found outside240
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Figure 8. B250 (orange curves) and B
CS (blue curves) (upper row), and observed winter MLD (green curve in lower row), for 3 different

transects in the Atlantic, Indian, and Pacific sectors of the SO. The gray box represent the DMB.

the DMB, and the stratification minimum is not very pronounced. The general trend is that the stratification decreases from the

subtropics to the polar region.

The annual mean of B
surf
Θ hides a large seasonal cycle with a large winter buoyancy loss and a large summer buoyancy gain

(Fig. B1 in Appendix B). In contrast, the other components have a very small seasonal cycle compared to B
surf
Θ (Fig. 5 (c)

and (d)). To go beyond annual buoyancy fluxes, one can compare the seasonal fluxes with the position of the DMB (Fig. 5 (a)).245

One striking point is that the DMB (with MLDs deeper than 250 m) is not located in regions of the largest annual or winter

buoyancy loss but south of them. The largest CS buoyancy loss of about −6× 10−8 m2 s−3 is located around 30 ◦S, where

the winter MLD barely exceeds 100 m. The winter buoyancy loss is three times lower at 50 ◦S, a region where deep MLs are

formed. Therefore, a large winter buoyancy loss itself is not sufficient to produce deep winter ML. This is because the poleward

advection of stratified water from the subtropics limits the ML deepening. Therefore, stratification strength also needs to be250

taken into account when studying deep ML formation.

Regions where BCS is more negative than B250 have a large probability of forming a ML deeper than 250 m, unless another

process not taken into account makes the water column more stable. The CS buoyancy loss driven by heat fluxes is the most

intense around 30 ◦S ((Fig. 7 (b)), a region where the gain in summer buoyancy is also very large. Apart from the summer

buoyancy gain, this is also a region where subtropical stratified water is advected. South of it, the winter buoyancy loss becomes255

smaller, so it has less potential to form a deep mixed layer. The general pattern is that the buoyancy loss becomes smaller from

30 ◦S poleward.

Both the buoyancy loss and the stratification decrease poleward. To assert how the balance between these two opposite

effects shapes the DMB, we compare the position of the DMB with the residual B250 −BCS (Fig. 7 (c)). MLD larger than

250 m are only found where B250 > BCS , but not vice versa. The largest mismatch is located south of Africa, in the Agulhas260

Retroflection region. Our analysis does not include the direct effect of advection by the geostrophic flow. However, our results

strongly point to its restoring effect on the stratification in the regions of large western boundary currents such as the Agulhas
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Figure 9. CS buoyancy fluxes (blue) and B250, the buoyancy fluxes needed to produce a 250 m deep mixed layer (orange). (a) is computed

using the realistic varying TEC and (b) is computed with α0. Shaded areas correspond to the 1st and 3rd quartiles, and the solid lines are the

zonal medians. The blue line corresponds to the black line of Fig. 5 (c). This plot extends to 20 ◦S to highlight the increase of stratification

towards the tropics, and the maximum buoyancy loss located around 30 ◦S.

Retroflection or the East Australian current. Overall, the simple balance between B250 and BCS as main drivers of deep ML

formation does not hold at the western boundary currents but otherwise predicts with good accuracy the location of the DMB.

The zonal sections and the zonal median show the competition between the winter buoyancy loss and the existing summer265

stratification (Fig. 8 and Fig. 9 (a)). Sections in the middle of the Atlantic, Indian, and Pacific sectors of the SO are plotted. In

the transect of the Atlantic sector, the MLD does not reach 250 m, but the location where buoyancy fluxes are more negative

than stratification still corresponds to the position of the deepest MLD of the transect. It becomes clear that only in a few

locations does the winter buoyancy loss become sufficient to erode the stratification.
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Figure 10. Stratification and buoyancy fluxes and computed using the nonlinear EOS or a constant α0. In panels (a) and (c), black dashed

lines are for the nonlinear EOS, and blue or orange continuous lines are with constant α0. The spacing between the horizontal dotted gray

line is the same in these two panels and equal to 2× 10−8 m2 s−3 The light shadings correspond to the 25th and 75th percentiles. Panels (b)

and (d) are the difference between using the varying TEC and the constant α0, for B250 and B
CS respectively.

Despite a weak stratification south of 50 ◦S in the Atlantic and Indian sectors, no deep ML is observed as the winter buoyancy270

loss is smaller there. As seen previously, the heat component of the buoyancy fluxes is scaled by the TEC, itself a function of

temperature. We will now explore the importance of this mechanism.

4 Effect of the local value of the TEC

To understand how variations in the TEC value affect the SO stratification, we computed the buoyancy fluxes and the columnar

buoyancy using a constant value α0, representative of 40 ◦S. We use the residual of buoyancy loss and stratification to predict275

the geographical extent that the DMB would have in this case.

Heat fluxes are negative in winter, so south of 40 ◦S, where α0 is larger than the real value of the TEC, the buoyancy fluxes

become more negative (blue line in Fig. 9 (b) and Fig. 10 (b) and (c)). On the contrary, the buoyancy fluxes become smaller
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Figure 11. Same as Fig. 7 but using α0 in computations. Hence, (c) represents where the ocean could form the DMB if the TEC was constant.

The hatches represent the observed DMB. The region with sea-ice around Antarctica is masked in white.
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north of 40 ◦S. This implies that the poleward extent of the DMB is primarily determined by the decrease in TEC value, which

significantly damps heat fluxes impact on buoyancy fluxes. It is not constrained by a decrease in winter heat loss to the south.280

The TEC modulates the effect of temperature on stratification. North of 40 ◦S, the temperature stratifies and the TEC value

is larger than α0, so using α0 implies a weaker stratification (orange line in Fig. 9 (b) and Fig. 10 (a)). ∆B250, the difference

between the columnar buoyancy computed with the varying TEC and the constant TEC is thus negative (Fig. 10 (b)). In contrast,

between 40 ◦S and the PF, where temperature still decreases with depth and the TEC value is smaller than α0, stratification

is strengthened. South of the temperature inversion, where colder water lies above warmer water, an increased TEC value285

decreases or even destabilises the stratification. Such regions are found where ∆B250 < 0, close to Antarctica, as seen in

Fig. 10. The effect of the TEC on stratification is thus not constant over all the SO, but it is its small value that allows the

typical temperature inversion of polar regions while having a stable water column.

Where BCS is more negative than B250, deep MLs would be produced (Fig. 9 (b) and Fig. 11). The global pattern of

stratification strength changes slightly with the constant TEC (Fig. 11 (a)). The stratification is weakening continuously from290

the subtropics towards Antarctica, until it eventually becomes negative and thus unstable. The winter buoyancy loss is intense

everywhere within the SO and does not decrease poleward (Fig. 11 (b)).

In the Indian Ocean, a second region where B250 −BCS > 0 appears south of the DMB (the red region close to the sea ice

edge). North of this second band, around 50 ◦S, even if BCS becomes very negative due to the large value of α0, the stratification

is also slightly stronger, which counterbalances for the larger buoyancy loss. In the Pacific Ocean, where stratification is smaller,295

the predicted DMB extends all the way to the sea ice edge. As the reference value for the TEC is 40 ◦S, the northern boundary

of the DMB does not change much.

The overall effect of using the constant TEC is that the southern boundary of the predicted DMB is shifted southward, up to

the edge of the sea ice. The DMB formed in an ocean with a constant α0 would overlap with the observed DMB (Fig. 11 (c)).

In the Indian Ocean, two DMBs are formed: one with the same position as the observed one, and one within the ACC, close300

to the actual sea-ice edge. In the Pacific Ocean, these two DMBs are merged into a wide one. It is likely that such deep MLs

would be formed, as mean advection is more or less zonal and does not bring highly stratified waters within the ACC. The

narrowness of the DMB thus arises from the decrease of the TEC, that itself induces a decrease in winter buoyancy loss.
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5 Discussion and conclusions

In this study, our goal was to determine if the position of the Southern Ocean DMB and its narrowness can be explained only305

by the balance between the buoyancy loss of the cooling season and the stratification intensity. We find that this balance is

sufficient to predict the DMB away from western boundary currents. The narrowness of the DMB emerges because, south of

it, despite a weakly stratified ocean, the buoyancy fluxes are small. This small buoyancy loss results from the decrease of the

TEC in cold water and not from a decrease in winter heat loss towards the pole.

A perfect prediction of the DMB spatial extent is not realistic, as other processes such as wind-induced turbulence contribute310

to deepening the ML (Holte et al., 2012). Our study, however, highlights the first-order role of the competition between winter

buoyancy loss and existing stratification in forming the DMB. North of 40 ◦S, despite the largest CS buoyancy loss, no deep

ML is produced because the stratification of the water column induced by temperature is also very strong. In contrast, within the

ACC (except in the East Pacific sector), the water column is only weakly stratified, but the CS buoyancy loss is small. Hence,

it is only in a narrow band that both winter buoyancy loss is large enough and stratification is weak enough to significantly315

deepen the ML.

The buoyancy fluxes follow a strong seasonal cycle, mainly driven by surface heat fluxes. South of 30 ◦S, the Ekman transport

advects cold water northward, which produces a negative heat flux. It is likely that this flux itself induces a positive heat flux

from the atmosphere on an annual scale. This could explain why the negative Ekman heat flux can counterbalance the surface

heat gain (Tamsitt et al., 2016). Ekman transport must therefore be taken into account when computing buoyancy fluxes in the320

mixed layer. Because of the variability of the wind stress, it drives a large part of the inter-annual variability of the SAMW

temperature and salinity (Rintoul and England, 2002).

We have included the effect of the Ekman transport in the buoyancy fluxes. If the Ekman depth is below the MLD, a

part of the buoyancy flux that we estimate will be brought below the ML. However, previous studies have found only minor

differences in the ML heat budget if taking the MLD as Ekman depth, or 1.5 times the MLD (Dong et al., 2007). Furthermore,325

the ageostrophic velocities within the Ekman layer decrease with depth, so most of the transport occurs closer to the surface

than to the bottom of the Ekman layer. Thus, if the Ekman depth is slightly larger than the MLD, the transport within the ML

will only be slightly overestimated.

Even if the annual buoyancy fluxes are a small residual compared to the seasonal fluxes, they will impact the buoyancy

budget of the water column along its path. The region within the ACC in the Pacific Ocean tends to lose buoyancy on an330

annual scale (Fig. 3 (f)) and stratification is smallest in the East Pacific sector (Fig. 7 (a)). This decrease in stratification could

be partially attributed to the annual loss of buoyancy. In the Southeast Pacific sector, the low stratification of the upper ocean

during summer is also linked to enhanced vertical diffusivity in the upper ocean (Sloyan et al., 2010).

The decrease of the TEC in cold water damps the effect of the heat component of the buoyancy fluxes. This also decreases

the contribution of temperature to stratification. Using a constant TEC for the calculation of buoyancy fluxes, we have shown335

that the region of large buoyancy loss would be located further poleward, while the stratification induced by temperature would

increase if the TEC was constant. As a result of these two opposite effects, the DMB’s southern boundary would be located
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further poleward. This theoretical result has previously been observed in idealised model runs with various values for the polar

TEC (Caneill et al., 2022). In line with Roquet et al. (2022), we find that by restraining the deepening of the ML, the variations

of the TEC strongly limit the rates of exchange between the surface and the ocean interior. South of the ACC, the impact of340

temperature is to decrease stratification beneath the winter mixed layer (Pollard et al., 2002). A higher TEC would amplify

this effect, resulting in reduced stratification. Furthermore, a higher value of the TEC would enhance the impact of heat loss

on buoyancy loss. Thus, climate change and an increase in the (sub)polar ocean temperature may lead to a further southward

extent of the DMB.

A direct implication of our study is that one should not convert buoyancy and freshwater fluxes into heat fluxes. It is345

important to retain the scaling effect of the TEC on the heat component of the buoyancy fluxes. Taking the annual heat flux

and converting it to buoyancy flux using the mean TEC or taking the mean buoyancy flux is not equivalent, as described by

Schanze and Schmitt (2013). Thus, when studying stratification, heat and freshwater fluxes need to be converted into buoyancy

or density fluxes to accurately quantify their effects on density.

In summary, this study provides a global view of the formation of the deep mixing band in the Southern Ocean. The balance350

between 1) stratification at the end of summer and 2) buoyancy loss during the cooling season is sufficient to explain the

formation of the DMB, its position, and its width. The reduction of the thermal expansion coefficient value in cold water limits

the influence of heat fluxes on buoyancy fluxes. Consequently, despite the large loss of heat in winter, stratification cannot

be significantly eroded south of the actual DMB. The small stratification of the Southeast Pacific sector of the ACC is easily

eroded, and despite the small winter buoyancy loss in this region, deep MLs are formed in winter.355

Code and data availability. ECCO has been downloaded from https://ecco.jpl.nasa.gov/drive (ECCO Consortium et al., 15-03-2022, 2021).

OAflux has be downloaded from ftp://ftp.whoi.edu/pub/science/oaflux/data_v3/monthly/ (accessed on 2022-02-24)

ISCCP-FH MPF has been downloaded from https://isccp.giss.nasa.gov/pub/flux-fh/tar-nc4_MPF/ (accessed on 2022-03-01).

GPCP has been downloaded from https://www.ncei.noaa.gov/data/global-precipitation-climatology-project-gpcp-monthly/access (accessed

on 2022-03-01).360

The ”Global Ocean Wind L492 Reprocessed 6 hourly Observations” has been replaced on November 2022 by the Global Ocean Hourly

Reprocessed Sea Surface Wind and Stress from Scatterometer and Model, E.U Copernicus Marine Service Information (CMEMS), Marine

Data Store (MDS), DOI: 10.48670/moi-00185. The data have been downloaded from https://data-cersat.ifremer.fr/data/ocean-wind/mwf/

mwf-blended/reprocessing/v6/ (accessed on 2023-10-02).

ARMOR3D with DOI: 10.48670/moi-00052 (accessed on 2022-06-23) has been downloaded from365

ftp://nrt.cmems-du.eu/Core/MULTIOBS_GLO_PHY_TSUV_3D_MYNRT_015_012/dataset-armor-3d-rep-weekly

MIMOC has been downloaded from http://www.pmel.noaa.gov/mimoc (accessed on 2021-12-09).

The MLD from de Boyer Montégut (2023) based on the work of de Boyer Montégut (2004) has been downloaded from https://www.seanoe.

org/data/00806/91774/data/103667.tar (accessed on 2023-08-01).

The climatologies produced in this paper will be shared on Zenodo after the review process. During the review process, they are available370

upon request to the contact author. The scripts used to make the figures will be shared via Github and a Zenodo DOI after the review process.

21

https://doi.org/10.5194/egusphere-2023-2404

Preprint. Discussion started: 19 October 2023

c� Author(s) 2023. CC BY 4.0 License.



���� ����� ���� �� ���� ����� ����

����

����

����

����

����

����

������������������� ������������������������ �������������

���� ����� ���� �� ���� ����� ����

����

����

����

����

����

����

���� ��������������� ���� �������������������� ���� ���������

���

���

��

��

�

��

��

���

���

�
�
�
�
�
��
�
�
�
��
��
�
�
�
�
��
�

�
�
�

���

���

���

���

���

���

���

�
�
�
�
�
��
�
�
�
�
�
�
�
��
��
�
�
�
��
�

�
�

�
�

�� �

Figure A1. Heat fluxes (first row) and surface buoyancy fluxes (second row) are presented. The first column is the climatology annual mean

without any correction, the second column is with our adjustment, and the 3rd column has been computed with the fluxes from ECCO.

During the review process, source code is available upon request to the contact author. All the analyses and figures are reproducible within a

few steps.

Appendix A: Correction of heat fluxes

This appendix assesses the validity of the correction on heat fluxes we have applied. Due to the heat imbalance of OAflux,375

without correction the ocean gains too much heat compared to ECCO (Fig. A1). This is particularly visible in the SO: without

correction, almost all the SO gains heat on average, whereas ECCO and our adjusted product show more patchiness and

variability. This excess of heat gain is also visible in the buoyancy fluxes (Fig. A1 second row). For example, without the heat

correction all Pacific sector of SO gains heat, while in ECCO and after correction a small band of buoyancy loss is present.

The comparison of the adjusted product with ECCO allows us to have confidence that our computations represent well the380

climatological state of the SO.
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Figure B1. Climatology of the annual, Cooling Season, and Warming Season surface heat component of the buoyancy flux.

Appendix B: Extra maps of buoyancy fluxes
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İ., Feng, Y., Moore, E. W., VanderPlas, J., Laxalde, D., Perktold, J., Cimrman, R., Henriksen, I., Quintero, E. A., Harris, C. R., Archibald,

A. M., Ribeiro, A. H., Pedregosa, F., van Mulbregt, P., and SciPy 1.0 Contributors: SciPy 1.0: Fundamental Algorithms for Scientific

Computing in Python, Nature Methods, 17, 261–272, https://doi.org/10.1038/s41592-019-0686-2, 2020.

Wang, J., Mazloff, M. R., and Gille, S. T.: Pathways of the Agulhas waters poleward of 29°S, Journal of Geophysical Research: Oceans, 119,

4234–4250, https://doi.org/10.1002/2014JC010049, 2014.555

Yang, J.: The Seasonal Variability of the Arctic Ocean Ekman Transport and Its Role in the Mixed Layer Heat and Salt Fluxes, Journal of

Climate, 19, 5366–5387, https://doi.org/10.1175/JCLI3892.1, 2006.

Yu, L. and Weller, R. A.: Objectively Analyzed Air–Sea Heat Fluxes for the Global Ice-Free Oceans (1981–2005), Bulletin of the American

Meteorological Society, 88, 527–540, https://doi.org/10.1175/BAMS-88-4-527, 2007.

Zahariev, K. and Garrett, C.: An Apparent Surface Buoyancy Flux Associated with the Nonlinearity of the Equation of State, Journal of560

Physical Oceanography, 27, 362–368, https://doi.org/10.1175/1520-0485(1997)027<0362:AASBFA>2.0.CO;2, 1997.

29

https://doi.org/10.5194/egusphere-2023-2404

Preprint. Discussion started: 19 October 2023

c� Author(s) 2023. CC BY 4.0 License.





Paper III





Temperature versus salinity: distribution of stratification control in

the global ocean

Romain Caneill1 and Fabien Roquet1

1Department of Marine Sciences, University of Gothenburg, Gothenburg, Sweden

Correspondence: Romain Caneill (romain.caneill@gu.se)

Abstract. The ocean stratification is controlled by temperature in subtropical regions (alpha oceans), by salinity in polar regions

(beta oceans), and by both in the transition zones. The polar transition zone (PTZ) is located in between subtropical alpha and

polar beta oceans. The PTZ exists in the North Pacific, North Atlantic, and Southern Ocean, despite different circulations and

oceanic properties between them. Deep winter mixed layers (MLs) are found in the vicinity of the PTZ, which makes it a key

component to link the surface and the ocean interior. The global climatological state and the variability from the climatology are5

not full described in previous studies studying control of stratification. Based on observational temperature – salinity profiles,

we compute novel climatologies of the stratification below the ML, classifying the global oceans into alpha, beta, or transition

zones. Using the profiles, we also computed a monthly product for every year between 2004 – 2021, allowing for the study of

interannual variability. On the climatological state, we describe accurately the PTZ between subtropical alpha ocean and polar

beta ocean. Our study highlights the difference between each basin: the alpha ocean stops at 40◦N in the Pacific basin, but10

reaches 80◦N in the eastern part of North Atlantic. In both the North Atlantic and Southern Oceans, the PTZ is narrow, while

in the east-north Pacific Ocean it spans 20 degrees of longitude. The SO Subantarctic and Polar Fronts are located at the shifts

between the stratification regimes.

1 Introduction

Temperature and salinity vary differently with depth in the subtropics and in polar regions. Taking transect between Australia15

and Antarctica reveals two opposite regimes (Fig. 1). In the subtropical part, temperature and salinity both decrease with depth,

while in the polar part, temperature and salinity increase with depth. In between the subtropical and polar regimes exists a

narrow region where temperature decreases with depth, and salinity increases. As warm and fresh water is lighter than cold and

salty water, stratification of the upper ocean is thus controlled by temperature in the subtropics and salinity in the polar regions

(Pollard et al., 2002; Carmack, 2007). These two different types of stratification are called alpha (stabilised by temperature)20

and beta (stabilised by salinity) oceans, respectively (Carmack, 2007). In between these regions lies the polar transition zone

(PTZ), where both temperature and salinity increase stratification (Caneill et al., 2022). Tropical oceans at the equator are

also stratified by temperature and salinity (Clément et al., 2020). The transition from an alpha ocean in subtropical regions

through a transition zone to a beta ocean in polar regions is a notable characteristic observed both in the Northern and Southern

Hemisphere (Pollard et al., 2002; You, 2002; Carmack, 2007; Stewart and Haine, 2016).25
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Figure 1. Temperature and salinity sections along the IO9S transect. Data are from the hydrographic cruise 09AR20120105 (CCHDO

Hydrographic Data Office, 2023). The vertical lines mark the boundaries of, from north to south, alpha ocean, transition zone, and beta

ocean. These boundaries are determined by the Subantarctic Front (SAF, black line) and the Polar Front (PF, purple line). The white and

dashed line represents the climatological winter mixed layer depth (from (de Boyer Montégut, 2023)). The three bottom panels correspond

to the three dots of the upper panels. The black crosses on the left vertical axes represent the climatological winter mixed layer depth.

The alpha – beta distinction reveals important implications. The halocline present in beta ocean is essential for sea-ice

formation (Carmack, 2007). Simultaneously, the increase of temperature with depth maintains a heat reservoir, which can

damp the formation of sea-ice, melt it, and contribute to deep convection events (Martinson et al., 1981; Pierce et al., 1995;

Martin et al., 2013; Polyakov et al., 2013). Reduced sea-ice under warmer conditions lowers ocean albedo, increasing heat

absorption and further amplify ocean warming (Curry et al., 1995; Perovich and Polashenski, 2012).30

Winter mixed layers in temperature-stabilised regions are generally deeper than in salinity-stabilised ones, allowing beta

ocean to re-stratify faster in summer (Carmack, 2007). Double diffusive effect arise in alpha and beta ocean, but not transition

zone where both temperature and salinity stabilise the water column (Stern, 1960; Schmitt, 1994; You, 2002).

The existence of the polar transition zone in all subpolar oceans indicates that intrinsic properties of seawater could drive

the alpha / beta distinction (Carmack, 2007). Roquet et al. (2022) showed that the existence of beta ocean is possible because35
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the thermal expansion coefficient becomes small in cold water. This makes the density of cold seawater almost insensitive to

temperature. Moreover, polar regions undergo large surface freshwater input, which form the halocline. If the thermal expansion

were larger, the halocline could not exist in winter due to heat loss driven convection (Roquet et al., 2022; Caneill et al., 2023,

manuscript submitted to Ocean Science).

The characteristics of the PTZ vary however between the different basins. In the North Pacific Ocean, the PTZ is associated40

with a surface density maximum (Roden, 1970; Stewart and Haine, 2016; Johnson et al., 2012). This density maximum is

however not found in the Southern Ocean (SO) PTZ: the density maximum is located close to the coast of Antarctica, in beta

ocean.

In the SO, the transition from subtropical to polar waters is achieved by a succession of fronts part of the Antarctic Circum-

polar Current (ACC). Three fronts have been historically defined based on thermohaline properties: from north to south the45

Subantarctic Front (SAF), the Polar Front (PF), and the Southern ACC front (SACCF). The Polar Frontal Zone (PFZ) is the

zone of change between Antarctic and Subantarctic surface waters. The PFZ is a permanent feature in the SO (Emery, 1977),

that exists by definition everywhere in the SO. Pollard et al. (2002) proposed to define the SAF and PF based on stratification,

which directly relates to the concept of alpha and beta ocean: the SAF marks the boundary between alpha ocean and the PTZ,

while the PF marks the boundary between the PTZ and the beta ocean. The boundary between regions of different thermohaline50

structure are thus used as definition for the fronts (Pauthenet et al., 2017; Thomas et al., 2021).

The position of the PF is associated with a strong ocean jet (e.g. Trathan et al., 1997). With more observations available (both

in situ and from satellite) it became more common to consider that the ACC is made of multiple frontal filaments (Sokolov and

Rintoul, 2009). Dynamic fronts are located at the position of strong jets and strong isopycnal slopes or sea surface height (SSH)

gradient. Dynamic fronts can be transient, so a definition based on SSH gradient is more accurate than definitions following a55

SSH contour (Graham et al., 2012).

The control of stratification by temperature or salinity below the mixed layer (ML) usually varies depending on the season

and location (Helber et al., 2012; Pellichero et al., 2017; DuVivier et al., 2018). The export of the ML properties to the interior

happens when the ML is deepest and water escapes by lateral subduction (Sallée et al., 2010). The stratification control index

(SCI) provides information on the relative effect of temperature and salinity on stratification, allowing to classify water masses60

in alpha, beta, or transition zone (Caneill et al., 2022; Roquet et al., 2022).

SCI =
N2

Θ −N2

S

N2

Θ +N2

S

(1)

N2 =− g

ρ0

∂ρΘ
∂z

=N2

Θ +N2

S (2)

N2

Θ = gα
∂Θ

∂z
(3)

N2

S =−gβ
∂SA

∂z
. (4)65

It quantifies the relative effect of temperature and salinity on stratification, and is defined only for positive N2. Based on the

SCI, 3 regions are defined:
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1. SCI > 1: alpha ocean where temperature (salinity) increases (decreases) stratification;

2. −1< SCI < 1: transition zone where temperature (salinity) increases (increases) stratification;

3. SCI <−1: beta ocean where temperature (salinity) decreases (increases) stratification.70

The SCI below the winter ML informs on the stratification properties of the permanent pycnocline that links the intermediate

ocean with the surface. DuVivier et al. (2018) remarked that subsurface salinity maximums in the SO are misrepresented in

Earth System Models, which in return lead to biases in mixed layer depth (MLD) compared to observations. Knowing whether

temperature or salinity are stabilising the water column below the ML is of main importance to understand the exchange of

properties (heat, salt, carbon, etc) between the surface and the interior.75

Based on observational temperature – salinity profiles, we produce climatologies of the MLD and SCI for the different

seasons. Following Pollard et al. (2002) and Carmack (2007) we thus use the thermohaline stratification to describe both the

global oceans and the Southern Ocean. The description of the winter SCI provides a picture of the ocean that is both novel and

at the same time coherent with previous descriptions. The paper is organised as follows: we first describe the EN.4.2.2 database

and the methods we used to produce the MLD and SCI climatologies. Then, we present the results of the mean climatological80

state along with the seasonal variations for both the global ocean before focusing on convective regions in the SO and Irminger

Sea. Finally, we provide more detailed analysis in the SO, and finish with discussion and conclusions.

2 Material and Methods

This study uses a database of profiles of temperature and salinity to compute the MLD and SCI for each individual profiles.

Interpolation is then done to create both a gridded product, and a gridded monthly climatology.85

2.1 EN4

The profiles are taken from the EN.4.2.2 (Good et al., 2013) ensemble members using Gouretski and Cheng (2020) MBT, and

Gouretski and Reseghetti (2010) XBT corrections. Data from 2004 to 2021 are used. 2004 is the beginning of the ARGO era

in the Southern Ocean, so we chose this lower limit to exclude years with too few measurements.

Data from EN4 have been filtered to remove badly flagged profiles. The profiles have been individually smoothed and90

re-sampled vertically following this algorithm, similar to (Johnson et al., 2002):

1. interpolate linearly along an evenly spaced grid with a resolution of 1 m, going from 0 to 2000 m;

2. smooth by applying the convolution with a hanning window (= a positive half sinus) with a window length of 20 m

3. interpolate linearly to a lower resolution vertical grid: every 5 m from 0 to 100 m, then every 10 m up to 350 m, then

every 25 m up to 500 m, and then every 50 m to 2000 m.95

Fig. A1 in Appendix A presents a profile before and after smoothing. Small scale variations are removed, while keeping the

global shape of the temperature profile.
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2.2 Methods

2.2.1 MLD and SCI

We compute the MLD using a density threshold criteria of 0.03kgm−3 (de Boyer Montégut, 2004; Sallée et al., 2021).100

The SCI is computed between 10 and 30 m under the ML.

2.3 Interpolation on a regular grid

The gridding of the variables extracted from the profiles (MLD or SCI) is done using a radial basis function (RBF) interpolation.

The class scipy.interpolate.RBFInterpolator from the Python scipy library is used.

To account for the anisotropy between the longitude and latitude scale factors, the latitude is transformed by a Mercator105

projection, using the following formula:

φ′ = ln
�
tan

�φ

2

π

180
+

π

4

��
·
180

π
(5)

This will virtually increase the difference of latitude between 2 points located in polar regions. To achieve isotropy, 2 points

separated by the same geographical distance (i.e. measured in meter) along longitude or latitude should get the same distance

(Eq. (6) in a following paragraph). The difference of longitude is larger than the difference of latitude due to the spherical shape110

of the Earth. The Mercator projection increases the difference of transformed latitude to exactly reach the same difference of

longitude (measured in degrees). The Mercator projection is not defined at the poles, however the South Pole is located on

land, and the Arctic region north of 85N is not included in our study.

Longitude and latitude become isotropic with the Mercator projection, and the radius of effect (in meter) of each measure-

ment point will decrease as sin(φ). Thus, this will also take into account the decrease of the Rossby radius of deformation115

with latitude.

The distance to every measurement point is computed around each grid point:

d2i =

�
∆λ

Lλ

�2

−
�
∆φ′

Lφ′

�2

−
�
∆t

Lt

�2

(6)

with ∆λ the difference of longitude between the grid point and the measurement point (modulo 360, accounting thus for

periodic condition), ∆φ′ the difference of Mecator latitude, and ∆t the number of days of difference (modulo 365.25 if120

producing the climatology). The three L express the decorrelation scales for longitude, Mercator latitude and time. The three

decorrelation scales have been chosen as: Lλ = Lφ′ = 3.3◦, and Lt = 45d, similar to the coefficient used to produce the

MIMOC climatology (Schmidtko et al., 2013).

The 300 closest points are selected for the RBF interpolation. If less than 50 points are located in a sphere with distance d= 1

around the grid point, the grid point is masked and no interpolation is done (distance of 1 corresponds to e.g. ∆λ= Lλ or ∆t=125

Lt). While this is not a big issue for the climatology, we acknowledge that it filters out some of grid point in e.g. the Southern

Ocean or Arctic Ocean. However, it seems honest to mask grid points with not enough observation in its neighbourhood. The

5



choice of 50 points is somehow arbitrary, more work should be needed to provide an estimate of the minimum number of

profiles needed.

The interpolation kernel uses a Gaussian function, the weighting function is:130

wi = exp
�
−d2i ϵ

2
�

(7)

ϵ is a shape parameter that changes whether the gaussian is flat or spiked. A large ϵ produces a spiky interpolation, as only the

very close points will have a non-negligible distance. On the opposite, a small ϵ leads to a very smooth field. ϵ= 0.5 is chosen

as a good fit between smoothing and not only keeping the very large scale.

The covariance matrix between all the measurement points is defined as:135

E0

ij = exp
�
−d2ijϵ

2
�

(8)

using the distance between all points. A constant noise-signal ratio is added to E
0, i.e. E=E

0 +λI.

The interpolation at a point x is given by

s(x) =Φ(x) ·ω (9)

where Φi(x) = exp
�
−d2xiϵ

2
�
, and ω is the solution of140

E ·ω =Ψ (10)

with Ψ the vector of measured properties. The final formula is then:

s(x) =Φ ·E
−1

·Ψ (11)

By using either the time in Julian days, or in days of year, it is possible to use the same method to produce climatological

fields or the monthly field of a certain year. While the interpolation method allows estimating variance (and thus error) associ-145

ated with the computation, it highly depends on a priori estimates of the variance of the measures, which value is not known.

Instead, we compute monthly products for years 2004 – 2021, and estimate the monthly standard deviation of MLD and SCI

at each point, using the 17 years of the product. Due to the criteria of using strictly more than 50 points close by, some data

points are not used for the monthly product, but only used in the climatology.

A regular longitude – latitude grid with a resolution of 1 degree is used for the mapping to produce monthly products.150

During the interpolation, grid points are masked if they have less than 50 points in a circle of radius 1. Fortunately, this

threshold does not affect the major part of the ocean, except for polar regions, especially the Arctic Ocean (Fig. 2). Some

hotspots of measurement are visible, e.g. the Kerguelen Plateau (69E, 49S), in the Southern Ocean where seals are tagged with

CTD sensors.

6



Figure 2. Number of profiles in a circle of distance 1 of each grid point for the month March. All years are taken into account. The distance

is measured by Eq. (6) and is unitless.

3 Results155

3.1 MLD climatology

In winter, the MLD is deep only in a few regions: the Labrador Sea, the Irminger and Nordic Seas, along the coast of Antarctica

and in the Deep Mixing Band (DMB) north of the ACC (Fig. 3). These regions are also the regions where the climatological

state is not precise due to large interannual variations (Fig. 4). In the North Pacific Ocean, a maximum of MLD is found around

40N. This is the location of the transition between subtropical and subpolar water (Roden, 1970). The SO DMB is present north160

of the SAF, and other regions in the SO exhibit ML deeper than their neighbourhood. Such a slightly deeper pool is visible

south of the Kerguelen Islands. A narrow band of MLD of about 200 m is present in the South Atlantic Ocean, north of the

ACC.

Deep winter mixed layers are found just north of the SAF in the DMB, ranging from 200 to 400 m (Fig. ??) (Dong et al.,

2007; DuVivier et al., 2018). Some deep ML regions are contained within the PFZ, south of New Zealand around 175E, 57S,165

and in the south-east Pacific basin where some PFZ pools MLD can exceed 200 m. The mixed layer is overall shallower in the

Atlantic basin in the SAF compared with the Indian and Pacific basins. From 180E to 210E in the SAZ. the ML are getting

shallower, before deepening again and be deeper than 300 m before the Drake Passage. Within the PFZ, the mixed layer is

7



Figure 3. Climatologies of winter (deepest) and summer (shallowest) MLD. In the SO, the 3 gray lines represent from north to south the

SAF, the PF, and the SACCF.
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Figure 4. Standard deviation of monthly MLD for 2004 – 2021 period in March and September.
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overall shallower, and is about 150 m deep. Apart from the major deep pool within the PFZ, some regions have slightly deeper

MLs, e.g. south of the Kerguelen islands in the Indian Ocean, and north of the SAACF at about 90E.170

In summer, the deepest ML worldwide are found within the ACC. The centre of the subtropical gyres have ML of about

20-30 m while being less than 10 m at their borders.

In summer, the ML is shallower everywhere. A major difference with the winter one, is that the ACC region presents the

deepest ML, that are about 60 m deep, while the SAZ and SACCZ MLs are about 25 m deep.

In winter (March in the Northern Hemisphere, September in the Southern Hemisphere), the largest interannual variability175

occurs in regions of deep ML. In the North Atlantic, large interannual variability exists in the Labrador Sea, the Irminger Sea,

and the Nordic Seas. However, scaling the standard deviation by the average presents a more uniform picture. The standard

deviation is equal to about half of the mean MLD (Fig. B1 in Appendix). These regions of large interannual variability in the

MLD are intrinsically misrepresented in a climatological state.

The DMB in the SO, with winter MLs on average deeper than 250 m, also exhibits interannual variability. The SO is overall180

poorly sampled due to its remote location, and part of the interannual variability that we see could arise from a sampling of

water masses not representatives of the surrounding neighbourhood. To highlight the interannual variability, we compare our

monthly product with time series of MLD from each profile at a distance 1 from the point (85.5E, 42.5S), located in the DMB

north of the Kerguelen Plateau (Fig. 5). The median MLD in this circle is deeper than 500 m in the winter of 2014, and is 230 m

in the winter of 2017. These 2 winters are the 2 extrema present in the time series, and both correspond to months with a fair185

amount of data. In months with little or no data (e.g. winter 2005 or summer 2008), the monthly product is computed using

points located at a greater distance, which explains why in winter 2005 our product shows a maximum ML of 250 m while

the median peaks at 450 m. The monthly climatology uses all points available for every year and thus smnoothes the extreme

events. Plotting all the MLD measurements as function of day of year allows for a direct comparison with the climatology

(Fig. 5). Our climatology is in good agreement with the individual points, with a maximum MLD of almost 400 m in August190

and September.

The Irminger Sea in the North Atlantic Ocean is one of the places where deep convection occurs in winter. Deep convection

does not occur every year (Fig. 6). The winter 2014-2015 presents strong convection with MLD reaching 1000 m. Opposite,

the MLD can be as shallow as 200 m in other winters. On a climatological state, the MLD follows a strong seasonal cycle, with

winter MLD of about 400 m and summer MLD of 40 m (Fig. 6(d)).195

10



Figure 5. Time series of the MLD north of the Kerguelen Plateau, in the deep mixing band of the SO. The bathymetry and location of the

profiles are shown in the upper row, the middle row presents the time series of the profiles MLD, the median and quartiles of monthly binned

profiles, and our monthly interpolated product. The ticks and vertical lines are plotted the 1st of January of the years. The bottom row present

our monthly climatology. All profiles in a distance 1 of the point (85.5E, 42.5S) are used.
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Figure 6. Time series of the MLD in the Irminger Sea. The bathymetry and location of the profiles are shown in the upper row, the middle

row presents the time series of the profiles MLD, the median and quartiles of monthly binned profiles, and our monthly interpolated product.

The ticks and vertical lines are plotted the 1st of January of the years. The bottom row present our monthly climatology. All profiles in a

distance 1 of the point (325.5E, 61.5) are used.
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3.2 SCI climatology

The SCI computed below the ML gives information on the stratifying agent. For SCI >−1 temperature decreases with depth

and thus increases stratification, and for SCI < 1 salinity increases with depth, also increasing stratification. In winter, the

majority of the ocean equatorward of the polar regions is classified as alpha ocean (SCI > 1) for mid-latitudes, and transition

zone (−1< SCI < 1) for tropical regions (Figs. 7 and 8). Evaporation is larger than precipitation in the subtropical gyres, so200

the surface salinity is larger than below the ML. Opposite, due to the large freshwater input from rain at the equator, the surface

salinity is low and thus salinity stratifies in the tropical regions.

Beta ocean (SCI <−1) is found in the polar regions, south of 50-60S in the SO and north of 40-50N in the Pacific Ocean.

In the North Atlantic Ocean, the alpha – beta separation does not follow a zonal pattern. Alpha ocean is present in the eastern

part of the Atlantic Ocean north of 40N, and beta ocean is found in the western part. Using an idealised basin configuration205

of a numerical ocean model, Caneill et al. (2022) found a similar diagonal orientation of the transition zone. The southward

advection by the subpolar gyre on the western part of the basin brings cold and fresh surface water, which creates the tongue

of beta ocean along the coast of America.

The transition zone between subtropical (alpha) and polar (beta) water is generally narrow, except in the north-east Pacific

Ocean, where the transition zone is 20 degrees of latitude wide (Figs. 7 and 8).210

In the tropical ocean, the summer SCI is close to the winter SCI, where the MLD does not follow a strong annual cycle.

The centre of the subtropical gyres are classified as alpha ocean in summer, but the SCI is smaller than in winter, indicating

that salinity has a smaller destratifying effect in summer. The largest differences in SCI between summer and winter happen

poleward of 40N or 40S. In summer, poleward of 40 degrees, the ocean is classified as transition zone. Indeed, the summer

heat fluxes warm the upper layer of the ocean, thus temperature decreases with depth even in the polar regions. The SCI stays215

negative in the polar regions, indicating that despite relative warm water in the mixed layer, salinity remains the main stratifying

agent. As pointed out by Roquet et al. (2022), the thermal expansion coefficient is small in cold water, reducing the impact

of temperature on stratification. In summer, water in polar regions remains cold, so only very large gradients of temperature

produce a similar stratification as the salinity gradient.
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Figure 7. Climatologies of the SCI below the winter and summer ML. The white and green lines in the SO represent the 3 majors fronts of

the ACC. The continuous black line is SCI = 1, the dashed black line is SCI =−1.
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Figure 8. Zonal climatology of winter (green) and summer (orange) SCI below the mixed layer. The lines are the zonal means, and the

shadings are the 10th and 90th percentiles. The middle lines are the global zonal means. The upper and lower lines, starting at 20◦S, separate

the Pacific basin, where the SCI is approximately zonally constant, from the Atlantic basin, where the SCI encounters large longitudinal

variations. The Atlantic and Pacific zonal means have been shifted vertically for clarity, and they refer to their own axis on the right. The

gray bands represent −1< SCI < 1.
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Figure 9. Climatology of the winter / summer SCI (left column), and histograms of the SCI per zone of the SO (right column).

In the Southern Ocean, there is an interesting connection between the SCI and the main frontal features. The position of220

winter SCI = 1 is located close to the SAF (Fig. 9). This is expected if we follow the Pollard et al. (2002) definition of the

SAF as being the southern boundary of the region stratified by temperature and destabilized by salt. However, the SCI = 1

front is not a simple circumpolar closed line that monotonically turns around Antarctica. In the south-east Pacific, the SCI = 1

contour shifts westward and surrounds a transition zone tongue that seems to emanate from South-America. This layer is the

surface expression of the Shallow Salinity Minimum Layer (SSMW), also called Eastern South Pacific Intermediate Water225

(Karstensen, 2004). The SSMW is a layer of minimum salinity, outcropping at about 45S in the south-east Pacific Ocean,

and then subducting to about 200 m. It is a minimum salinity because of the combination of Ekman transport of freshwater
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precipitation, and a slow geostrophic velocity within the ML, creating a freshwater flux larger than the area surrounding it

when integrated temporally (Karstensen, 2004). The SSMW is fresher than the AAIW that lies below it, and hence the region

where SSMW surfaces must have SCI>−1.230

Two main transition zones tongues interlocking into alpha region are found: one in the Atlantic basin centred around (0E,

40S), and the other south of New-Zealand (around 175E, 47S). A difference between these 2 tongues is the sign of the SCI:

the Atlantic one has SCI> 0, so salinity contributes less than temperature to stratification, while the New-Zealand’s one has

SCI< 0, so is mainly stratified by salt. The New-Zealand transition tongue is also associated with a ML shallower than the

surrounding ocean, while the Atlantic Ocean one is not marked by a change of MLD. The mean dynamic topography (MDT)235

gives information on the mean surface geostrophic flow. Close to New-Zealand, there is a meander going northward and then

back southward. This meander could bring slightly colder and fresher water in this region. The MDT gradient is smaller in this

region, implying smaller geostrophic flow, and hence more time for water to gain freshwater from the precipitation, creating a

surface layer fresher than the layer below.

In summer, temperature is the most important component of stratification (SCI> 0), except in SACCZ where −1< SCI< 0.240

A small region of the SAZ in the Indian Ocean also has SCI> 0.

3.3 Seasonality of the SCI

Using a gridded ARGO product, DuVivier et al. (2018) computed the type of stratification below the ML in the DMB of the SO.

They found that the stratification follows a strong seasonality, moving from transition zone in spring, to beta ocean in some area

in June, and finally alpha ocean in winter. The MLD reaches this salinity maximum, when SCI < 1 in the time series around245

the (85.5E, 42.5S) point (Fig. 10). Above the salinity maximum, as salinity contributes to increasing stratification, SCI < 1.

When the ML passes below it, salinity decreases with depth and SCI > 1. The ML reaches below the salinity maximum in

July, when SCI becomes larger than 1. The climatological MLD in July is 250 m in this point (Fig. 5), so below 250 m salinity

decreases with depth and the ocean is classified as alpha. In June, SCI <−1 which indicates a temperature inversion in the

water column, at a depth of 150 m (Fig. 5).250

South of the PF, salinity is the stratifying agent and temperature destratifies below the winter ML. Around the point (65.5E,

53.5S) located to the west of the Kerguelen Plateau, the SCI is below 1 all year long for the majority of the profiles (Fig. 11).

This indicates that salinity always increases with depth below the ML. SCI <−1 in August, September, and October when

the ML is the deepest and has eroded the summer stratification. The winter temperature of the ML is colder than the water

below, the defining feature of beta ocean.255
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Figure 10. Time series of the SCI in the DMB, north of the Kerguelen Plateau. The location in alpha ocean in winter.
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Figure 11. Time series of the SCI south-west of the Kerguelen Plateau. The location is in beta ocean in winter.
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Figure 12. SCI versus MLD in winter (left) and summer (right). The centre figures represent a 2 dimensions histogram (colours), with a

kernel density estimation (contour lines) superimposed. For the centre figures, only data with a latitude |φ|> 30
◦ are shown. The histograms

on the sides are split into the tropical regions (|φ|< 30
◦) in purple, and the rest of the ocean (|φ|> 30

◦) in red. The upper histograms are

for the MLD, and the histograms on the right are for the SCI. Data are taken from the 1
◦ climatologies. Each data point is weighted by the

area of its corresponding cell of the 1
◦ grid.

3.4 On the link between the SCI and the MLD

Deep MLs occur more often in alpha oceans than in beta oceans or transition zones (Figs. 3 and 7). plotting the SCI versus the

MLD (Fig. 12). MLs deeper than 250 m are mostly found in the alpha oceans (larger values of the two-dimensional histogram,

Fig. 12). Deep MLs are also found in oceans classified as transition zones and are almost absent in beta oceans. Individual

profiles in the beta oceans show deep MLs along the coast of Antarctica, but they represent a small area and are thus not seen260

in this figure.

Tropical regions (defined here with an absolute value of the latitude less than 30◦) are only plotted on the top and right

histograms. They represent a large area with shallow MLs (less than 100 m) and are classified almost exclusively as transition

zones.

For higher latitudes (|φ|≥ 30◦), the ML distribution exhibits a peak at 120 m. The SCI distribution poleward of 30◦ is bi-265

modal, centred around ±1.5. The oceans thus encounter partial compensation between temperature and salinity more often than

when temperature and salinity both stabilise. Poleward of 30◦, the shallowest MLs are found in regions where salinity domi-

nates the stratification (SCI < 0), either in transition zones or beta oceans. Regions that encounter large density compensation

(large |SCI|) do not present shallow ML.
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In summer, MLs are shallow and the SCI is bimodal, both in tropical oceans and at higher latitudes. The majority of the ocean270

has a SCI around 1, representative of the summer thermocline. The majority of the oceans is located in a peak of MLD = 20m

and SCI = 1.

4 Discussion and conclusions

In this work we computed monthly climatologies and monthly products for the years 2004 – 2021, for the mixed layer depth,

and stratification control index below the ML, based on the EN4.2.2 profiles. After computing the MLD and SCI on individual275

profiles, we used a radial basis function interpolation to create the monthly products and climatologies. Despite its simple struc-

ture in two dimension, the SCI below the winter ML provide a comprehensive overview of the large scale oceanic circulation

and main feature, as well as the regional discrepancies.

Region of deep and intermediate water formation are visible on the climatological state of the winter MLD (Fig. 3). In the

Northern Hemisphere, MLs are deeper in the Atlantic Ocean than in the Pacific Ocean, the signature of the absence of deep280

water formation in the North Pacific. In the Atlantic Ocean, ML are deepest in the Labrador, Greenland, Island, and Norwegian

Seas. The signature of the Gulf Stream and the Kuroshio Current can be followed by looking at the local maxima of MLD

around 40N. In the SO, ML are deepest in the deep mixing band located north of the ACC, and close to the coast of Antarctica

where deep water is formed in winter in coastal polynyas.

The regions of deepest MLD also present large interannual variability (Fig. 4). On average, the standard deviation of the285

MLD along years, for every month, is half of the climatological value. Part of this variation is certainly representative of the

intrinsic interannual variability of the ocean, part could also come from spatial variability and unrepresentative sampling.

Time series of profiles from the DMB and Irminger Sea, two regions with deep ML in winter, both present large variability

between years, and between profiles at the same date. In the Irminger Sea, convection occurs occasionally and was weak in the

early 2000s before being more active in years 2015 – 2018 (Sterl and De Jong, 2022). Whether the climatological state should290

represent the years with or without convection may depend on the research question. In energetic regions, the mean state differs

from snapshots states at meso- and submeso-scales. With a limited amount of observations, errors associated with individual

profiles compared to mean state can be large. Future work needs to be done to assess the minimum number of profiles necessary

to compute a representative mean state of a region.

As noted by Carmack (2007), polar regions are stratified by salinity, and subtropical to subpolar regions are stratified by295

temperature. The winter climatology of the SCI emphasizes this separation (Fig. 7). Alpha ocean reaches far north in the

eastern side of the Atlantic Ocean, where MLD is deep in winter. In the Labrador Sea where MLD is also deep in winter, the

ocean is classified as beta or transition zone. In the SO, the DMB is located in alpha ocean, except in the eastern Pacific Ocean

where it is transition zone. Deep convection site close to Antarctica are located in beta ocean. Freshwater input at the surface

of the ocean helps to build the polar halocline. Fluxes alone do not explain the alpha – beta distinction, cold water density300

variation is almost not sensitive to variation in temperature, so the strong winter heat loss is not able to destabilise the water

column and the temperature inversion is maintained (Caneill et al., 2022; Roquet et al., 2022).
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The main fronts of the ACC can be linked to the type of stratification (Pollard et al., 2002; Pauthenet et al., 2017). While in the

Atlantic and Indian Oceans, the SAF and PF are closely related to the position of the winter SCI =±1, in the eastern Pacific

Ocean the SAF is located in the transition zone. The vision of dynamical fronts as circumpolar features is not representative of305

the reality, as jets are usually transient and a contour of SSH associated with a large SSH gradient at a time can correspond to a

flat area somewhere else (Chapman et al., 2020). The meridional change of stratification is however a circumpolar feature, but

cannot be directly linked to dynamical fronts.

MLD is commonly used to validate or compare climate models (e.g. Treguier et al., 2023). The SCI is a quantity easy to

compute, but that still provides at a glance a global overview of the ocean state. Future work could be conducted to compare310

the SCI in ocean models with our newly produced climatology.

In conclusion, we computed new climatologies of MLD and SCI. The maps of the winter SCI provide an overview of the

global ocean stratification. Polar regions appear to be the only places stratified by only salinity (beta ocean), as remarked by

Carmack (2007) in precise locations. In the North Atlantic, the beta ocean goes down along the coast of America down to 40N,

while the alpha ocean goes up to 80N on the eastern side of the Nordic Seas. In contrast, the transition between alpha and beta315

oceans is fairly zonal and centred around 40N in the North Pacific Ocean. The different zones of the SO defined by Pollard

et al. (2002) stand out in the SCI maps. This study provides a global description of the ocean state.

Code and data availability. The code and data will be available uppon acceptation of the manuscript.
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Figure A1. Comparison of raw and smoothed temperature profile.
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C L I M A T O L O G Y

Unique thermal expansion properties of water key 
to the formation of sea ice on Earth

Fabien Roquet1*, David Ferreira2, Romain Caneill1, Daniel Schlesinger3†, Gurvan Madec4

The formation of sea ice in polar regions is possible because a salinity gradient or halocline keeps the water col-
umn stable despite intense cooling. Here, we demonstrate that a unique water property is central to the mainte-
nance of the polar halocline, namely, that the thermal expansion coefficient (TEC) of seawater increases by one 
order of magnitude between polar and tropical regions. Using a fully coupled climate model, it is shown that, 
even with excess precipitations, sea ice would not form at all if the near-freezing temperature TEC was not well 
below its ocean average value. The leading order dependence of the TEC on temperature is essential to the coex-
istence of the mid/low-latitude thermally stratified and the high-latitude sea ice–covered oceans that character-
ize our planet. A key implication is that nonlinearities of water properties have a first-order impact on the global 
climate of Earth and possibly exoplanets.

INTRODUCTION

Most of what makes the water molecule H2O so unique can be traced 
back to its structure with the V-shaped arrangement of hydrogen 
atoms around the oxygen atom and its electronic structure with two 
lone pairs giving rise to a strong polarity (1). Because of its polarity, 
a water molecule can form hydrogen bonds with neighboring mol-
ecules, adding cohesion within the liquid and making the heat ca-
pacity, the latent heat of fusion and of evaporation, or the surface 
tension of liquid water all exceptionally large. These properties ex-
plain why water is so central to the climate system on Earth (2).

As the hydrogen and oxygen atoms form a 104.5° angle, almost equal 
to the 109.5° angle found in a regular tetrahedron (3), water mole-
cules can form open crystal structures where each water molecule is 
at the center of a tetrahedron formed by the neighboring molecules. 
This is precisely why liquid water is denser than ice near the freez-
ing point.

This is also the reason why the thermal expansion coefficient 
(TEC) of seawater drops considerably near the freezing point. Here, 
we will show that the strong dependence of the TEC on temperature has 
a profound and generally overlooked influence on the formation of sea 
ice on Earth, on the general organization of the upper ocean strati-
fication, and on vertical exchanges between the surface and deep 
layers of the ocean.

The TEC of liquid water
The TEC measures the relative variation of density caused by a unit 
change of temperature

   =  − 1 ─  
∂

 ─ ∂  ∣
S,p

 (1)

where  is the mass density,  is the conservative temperature, S is the 
absolute salinity, and p is the pressure. Note that the exact definition 

of TEC varies depending on the standard used to define the tem-
perature or salinity properties. Here, we use the thermodynamic 
equation of seawater TEOS-10 standard (4); however, we stress 
that our results are independent of the standard used.

In a simple liquid (e.g., liquid argon or nitrogen) (5, 6), the TEC 
is most commonly positive, i.e., its density monotonously decreases 
when temperature increases. However, pure liquid water has the rare 
property that, at standard pressure, it does not reach the maximum 
density at the freezing point but at a temperature of 4°C. This means 
that the TEC for liquid water is negative at temperatures below 4°C.

The implications of this negative TEC are well known for the 
stratification of the so-called dimictic lakes (7, 8). In these lakes, the 
bottom is filled with the densest 4°C water year long and isolated 
from surface waters both in winter and in summer. Note, however, that 
very deep lakes may have a bottom temperature substantially lower 
than 4°C as the temperature of maximum density decreases with pres-
sure, effectively limiting the depth of full overturn (9). The 4°C max-
imum density property enables the formation of ice at the surface, 
as only a surface layer of limited depth needs to be cooled down to 
drive freezing. It is much harder to freeze entirely the lake over win-
tertime, thus providing a safe habitat for species living in the lake.

The situation is fundamentally different for the oceans, because 
salt substantially modifies the physical properties of water. Dissolv-
ing salt in water increases the TEC of the solution at the same time as 
it lowers its freezing point (Fig. 1B). The structure of the water sol-
vent in NaCl aqueous solutions is known to be modified in a similar 
way to that of water under enhanced pressure (10). Increasing salinity 
by 1 g kg−1 induces a similar rise in the TEC value as a 100-dbar pres-
sure increase (Fig. 1A). Negative TEC values are found only for sa-
linities below 25 g kg−1, making it extremely rare to encounter except 
near cold estuaries. Thus, the mechanism promoting the formation 
of ice in freshwater lakes does not operate in the ocean. However, 
sea ice is forming on large areas of the polar ocean, and this study 
explores whether this could be related to patterns of TEC variations 
in the upper ocean.

Stratification control in the ocean
Polar regions are generally associated with excess precipitation over 
evaporation, freshening the upper ocean and forming a permanent 
halocline (11, 12). In turn, the permanent halocline limits thermally 
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driven deep convection, thus promoting the formation of sea ice in 
polar regions. It has long been noted that sea ice formation occurs 
only in the presence of a halocline (13). It would seem natural to 
assume that the freshwater forcing alone explains why polar regions 
are stratified in salinity. However, the argument is somewhat in-
complete and does not explain why the intense cooling is generally 
not able to wipe out the polar halocline.

The stratification is commonly quantified by the squared buoyancy 
frequency, N2 = − g   z

/  , where  is the potential density, g is the 
gravity acceleration, and the subscript z indicates the vertical deriv-
ative (14). The buoyancy frequency can be decomposed into the sum 
of temperature and salinity contributions

 N2 =  N 
2 +  N S

2   (2)

with N 
2 = g  z and N S

2 = − g  Sz. Here,  = (∂/∂S)∣, p/ defines 
the saline contraction coefficient, analogous to the TEC in Eq. 1  
for salt.

Carmack (13) proposed to distinguish between the alpha ocean, 
where the upper ocean thermal stratification is stable (N 

2 > 0 ), and 

the beta ocean, where the haline stratification is stable (N S
2 > 0 ). To 

avoid the ambiguity of this definition in regions where both ther-
mal and haline stratifications are stable, we will define three regimes 
using the stratification control index (SCI) defined as  SCI = ( N 

2 −
N S

2 ) /  N2: The alpha ocean is found where SCI > 1 immediately be-
low the mixed layer, the beta ocean is where SCI < −1, while regions 
where −1 < SCI < 1 will be referred to as the transition zone. Alpha 
regions are associated with a thermocline, while beta regions feature 
a halocline. In the transition zone, both temperature and salinity 
contribute positively to the stratification.

Note that most of the ocean is either alpha or beta with a sharp 
transition, meaning that temperature and salinity stratifications are 
most often compensating each other (Fig. 2). For this reason, a large 
fraction of the global ocean is subject to double diffusion, either salt 
fingering (alpha) or diffusive (beta) (15), contributing to interior mix-
ing. Figure 2C shows that the transition between the two regimes is 
generally found in the mid-latitudes, at a mean latitude of 50°N in 
both the Northern and Southern Hemispheres, although it can reach 
up to 80°N in the Nordic Seas. Note that an alternative definition 
for the separation between the three regimes has also been proposed 
on the basis of a statistical criterion (16).

The large TEC variations at the surface are dominated by changes 
in sea surface temperature (Fig. 2A). In the global ocean, the TEC 
varies from 0.3 × 10−4 °C−1 near the freezing temperature (≤0 ° C) to 
3.5 × 10−4 °C−1 in tropical waters. In contrast, the saline contraction 
coefficient  varies by less than 10% in the ocean and can be consid-
ered constant to a good approximation. The temperature depen-
dence of the TEC also induces the cabbeling or “densification upon 
mixing” effect in frontal regions (17, 18). Note, however, that cab-
beling is not a central focus of this work, as will be discussed more 
thoroughly in the last section.

A comparison between the global distributions of the TEC and 
SCI in the upper ocean indicates that beta regions correspond to 
relatively small TEC (Fig. 2). In this study, we investigate whether this 
correspondence is fortuitous or whether the decrease in TEC at low 
temperature is a key condition for the existence of beta regions in 
the ocean. This question cannot be addressed experimentally, as the 
equation of state (EOS) of seawater cannot be changed. The situation 
is, in this respect, analogous to the question of how a given bathy-
metric configuration constrains the observed circulation, which can 
only be investigated through theory and numerical simulations.

Forced ocean simulations (i.e., with imposed conditions at the 
surface boundary) have been performed in previous studies (19, 20), 
which showed a large sensitivity of the global stratification distribu-
tion to changes in the TEC value, especially changes near the freezing 
point. However, the impact on sea ice was not realistic because 
forced simulations do not include atmospheric feedbacks. To avoid 
these unrealistic constraints, we use a fully coupled ocean–atmosphere– 
sea ice model with a simplified geometry (see Materials and Methods 
for details on the model configuration and sensitivity experiments). 
The nonlinear EOS implemented in the model will be replaced by a 
series of linear EOS with different TEC constant values, allowing us to 
investigate the sensitivity of the global climate to this water property.

RESULTS

The most marked changes observed when switching from a nonlin-
ear to a linear EOS (at approximately constant global mean TEC) are 

A

B

Fig. 1. Variation of the TEC with respect to temperature, salinity, and depth. (A) TEC 

function of temperature and depth for fresh water, i.e., at salinity S = 0 g kg−1. 

Here, depth is taken proportional to pressure (1 m ≃ 1 dbar). (B) Variation of the 

TEC with respect to temperature and salinity at atmospheric pressure p = 0 dbar. 

The typical salinity range of seawater is indicated with light solid contours. The TEC 

decreases quasi-linearly with respect to temperature, pressure, and salinity. In both 

panels, the dashed line indicates the freezing point, while the solid line indicates 

where the TEC changes sign.
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found in polar regions. While the control simulation Ctrl simulates 
a large ice pack in the Southern Hemisphere south of 60°S, the sim-
ulation Lin2.0 with a constant TEC value of 2.0 × 10−4 °C−1 is com-
pletely sea ice free (Fig. 3A; see also fig. S3). The sensitivity runs with 
linear EOS exhibit an abrupt regime transition between ice-free cli-
mates for large TEC and ice-covered poles for low TEC. The critical 
TEC value allowing the presence of sea ice is near 1.2 × 10−4 °C−1. A 
constant value of about 0.8 × 10−4 °C−1 is required to produce the 
sea ice area found in Ctrl.

The surface and atmospheric responses to variations in TEC can 
be explained to a large extent by the changes in sea ice cover. A 
wider sea ice cover increases the planetary albedo, either directly or 
through changes in cloud cover, which not only tends to reduce the 
solar radiation absorbed at the surface (21) but also insulates the 
ocean from the atmosphere, allowing colder and drier conditions 
to develop in winter (22). The mean surface temperature increases 
rapidly (by about 2.5°C) with the disappearance of sea ice to stabi-
lize just above 24°C in ice-free climates (Fig. 3B, blue).

Surface ocean forcings (fig. S5) are weakly affected by changes in 
TEC, with two notable exceptions. First, in polar regions and in the 

presence of sea ice, the strong divergence of fresh water from within 
the ice pack to its edge (due to equatorward spreading of ice) desta-
bilizes the stratification and drives the formation of high-salinity 
bottom waters. In ice-free climates, the freshwater flux (due to net 
precipitation) stabilizes the stratification, but it is overcome by the 
destabilizing effect of the intense surface cooling that produces 
more widespread deep convection. Second, the surface heat flux is 
substantially modified in the mid-latitudes for the low-TEC run 
Lin0.5, reflecting fundamental differences in the structure of the over-
turning circulation with shallower overturning cells shifted equa-
torward (fig. S4). Changes in the Northern polar regions are less 
marked, probably because Ctrl had very little sea ice there to start 
with so surface fluxes are less likely to be modified.

Close inspection at zonal-mean temperature and salinity sec-
tions (Fig. 4) highlights the major impact that the value of TEC has 
on the ocean structure. For sufficiently high TEC values (2 × 10−4 to 
3.5 × 10−4 °C−1), the stratification in subtropical regions compares 
well with that of Ctrl (and the real ocean), with the characteristic 
W-shaped thermocline extending down to a similar depth of about 
500 m. In the southern polar region, however, deep convection 

A

C D

B

Fig. 2. Stratification control and surface TEC in the ocean. (A) Surface distribution of the TEC, showing a notable correlation with sea surface temperature. 

(B) Zonal-mean TEC showing an order of magnitude of var. (C) SCI (see core text for the definition). Blue, stratification dominated by salinity (beta regions); red, domi-

nated by temperature (alpha regions). (D) Zonal-mean SCI. All figures are based on the Estimating the Circulation and Climate of the Ocean (ECCO) state estimate, version 

4, release 4 (66). For each year, the SCI was computed on the layer found between 10 and 30 m below the mixed layer for the month of deepest mixed layer. The SCI 

distribution is obtained by averaging over the 21 years available in ECCO.
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becomes more vigorous at high TEC, and the stratification there 
nearly vanishes (Fig. 4, middle for Lin2.0). As a result, the southern 
polar surface becomes warmer/saltier and the bottom becomes 
cooler/fresher than in runs without convection. The spread of cold/
fresh southern water masses results in lower bottom temperature 
globally (Fig. 3B, red) and a cooler global ocean, associated with a 
stronger deep overturning cell (fig. S4).

In contrast, at a low-TEC run (Lin0.5 in Fig. 4, C and F), deeper 
but weakly stratified thermoclines develop in both polar and sub-
tropical regions. The abyssal ocean is filled with a warm water mass 
(10°C bottom temperature; Fig. 3B). This, as well as the absence of 
a subsurface salinity maximum in the subtropics, indicates the pres-
ence of salinity-driven convection in the subtropics. Overall, this 
run has weaker and less connected overturning cells, producing 
an essentially unventilated bottom ocean (fig. S4). The temperature 
contrast between surface and deep waters in the Southern Ocean is 
as large as 13°C, which is only possible due to the strong stabilizing 
effect of vertical salinity gradients.

The global mean sea surface salinity increases nearly linearly with 
the TEC (∼1 g kg−1 for a unit 10−4 °C−1 of TEC; see Fig. 3C, blue). 
This is balanced by a freshening of the bottom ocean with increas-
ing TEC, so as to satisfy global salt conservation in the ocean. The 
overall pattern of change is one of increasing contrast between the 
top and bottom of the ocean in both temperature and salinity 
(Fig. 3B). These temperature and salinity changes have opposite ef-
fects on the stabilization of the global stratification. As the tempera-
ture effect dominates (both the vertical temperature contrast and 
the impact of temperature on density increase with TEC), the top-
to-bottom mean stratification strengthens for increasing values of 
TEC (Fig. 5).

The effect of the TEC on the stratification can be quantified by 
the SCI, which becomes systematically larger for higher values of 
TEC. In ice-free states, the thermal stratification N T

2  is everywhere 
positive, indicating an inability to maintain cold waters near the 
surface while a salinity inversion (N S

2 < 0 , also seen in Ctrl) de-
velops in the tropics and subtropics (corresponding to SCI > 1; 
Fig. 5C). In contrast, the low-TEC states have a marked tempera-
ture inversion in polar regions, as in Ctrl (see Fig. 4), but no salinity 
inversion in the subtropics, contrary to all the other simulations. 
The beta region (SCI < −1) in the low-TEC climates extends far into 
the subtropics up to 25° latitude, while the high-TEC climates do 
not exhibit beta regions at all.

It appears that the SCI in Ctrl closely matches at each latitude 
that the SCI value obtained in linear EOS simulations with the cor-
responding surface TEC. At high latitude where the TEC is low in 
Ctrl, the stratification resembles that of Lin0.5, while at low latitude, 
it resembles that of Lin2.0. This indicates that the TEC provides a 
strong constraint on the type of stratification that a particular loca-
tion may experience. That is, the existence of distinct alpha and beta 
regions is primarily a consequence of the temperature dependence 
of the TEC of seawater.

Stratification below the sea ice
Our numerical experiments indicate the existence of a threshold in 
TEC above which sea ice cannot be sustained. The threshold value 
is between 1 × 10−4 and 1.5 × 10−4 °C−1 with a nonlinear transition, 
as a centennial oscillation between two unstable states is observed in 
Lin1.25 (see fig. S2). The quantitative prediction for the threshold 
value is likely model dependent and should be taken with caution. 
We argue, however, that the existence of such a threshold is expected 
and can be rationalized using the theoretical model of Martinson 
(23) for the stratification below sea ice.

The model considers a steady-state upper ocean and expresses 
the conservation of mass, salt, and heat. A central element is that, 
in the presence of sea ice, the surface layer is at the freezing point, 
which is the minimum possible temperature of seawater. This im-
plies that the vertical gradient of temperature below sea ice is neces-
sarily negative, ∂z ≤ 0.

To ensure static stability and a steady state, the total stratifica-
tion N2 must be positive, implying that the salinity stratification N S

2 
must be positive and large enough to compensate the temperature 
inversion or (see Eq. 2)

    ∂z S ≤   ∂z ≤ 0  (3)

In the case of a freshwater lake (∂zS = 0), where  < 0, the stabil-
ity condition (Eq. 3) is satisfied unconditionally (recall, ∂z ≤ 0). In 
the saltwater ocean, however, the TEC is everywhere positive, so 
that N 

2 ≤ 0  under the sea ice. There, the stratification must be sa-
linity controlled, with ∂zS ≤ 0 (fresh water on top). This introduces 
an upper limit on the magnitude of the (negative) temperature gra-
dient that can be maintained, which depends not only on the salin-
ity gradient but also strongly on the TEC value.
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Fig. 3. Climate model sensitivity to different prescribed TECs. (A) Sea ice area, (B) sea surface temperature (0 to 40 m, blue) and bottom temperature (3000 to 4000 m, 

red), and (C) sea surface salinity (blue) and bottom salinity (red). Bottom values are averaged over the lowest kilometer (3000 to 4000 m), while surface values are averaged 

over the top 40 m. The horizontal lines denote the corresponding values in Ctrl.
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A critical value for the TEC can be obtained in the limit where 
the stratification would vanish

   ≤  c =   
  ∂z S

 ─ 
 ∂z

 (4)

In a steady state, the gradient of salinity must be primarily con-
trolled by the net rate of precipitation, which acts to stabilize the 
stratification. The surface cooling, which weakens the stability, may 
occur not only by air-sea/ice-sea interaction but also as a result of 
the ice melting needed to close the ice mass budget. Conservation of 
salt, mass, and heat requires compensating diffusive fluxes at the 
base of the mixed layer. Using simplified ice mass, heat, and salt 
budgets and assuming identical diffusivities for temperature and 
salinity, one finds an expression for the critical TEC c (see the Sup-
plementary Materials for detailed derivations)

 c =   S0   
 w  cp P

 ─ 
Q +  0  Li AP

  . (5)

where P is the net precipitation (defined as precipitation minus 
evaporation plus river runoff), Q is the net surface heat flux, and A 

is the sea ice fraction (see table S1 for definitions of constants). A 
stable state with sea ice can only be maintained for a TEC value 
smaller than c. In polar regions where precipitation dominates 
evaporation (P > 0) and the ocean loses heat to the ice/atmosphere 
(Q > 0), c is positive. Equation 5 shows that, as expected, larger 
heat loss reduces c and the range of stability. The role of net precip-
itation P is more complex, appearing both in the numerator and 
denominator of Eq. 5. Larger precipitation stabilizes the water col-
umn by lowering the surface salinity, which permits a larger c 
(numerator). Simultaneously, larger precipitation over ice must be 
balanced by melting at the ice base and hence larger latent heat loss, 
which reinforces the destabilizing effect of Q (denominator).

For realistic values of the parameters (table S1), a critical value of 
c ≈ 0.9 × 10−4 °C−1 is obtained. Despite strong simplifications, this 
estimate is consistent with the TEC values where the transition to 
an ice-free climate occurs in the coupled model (Fig. 3). The fact 
that the critical TEC value is well below the global mean TEC value 
confirms that the conditions to form sea ice in the open ocean could 
not be met in the current Earth climate if the TEC value was not 
dropping at low temperature. Furthermore, it demonstrates that 
this water property, through (Eq. 5), imposes a constraint on the 
Earth’s climate state.

A B C

D E F

Fig. 4. Global modifications of the mean thermohaline stratification for different prescribed TECs. Zonally averaged sections of temperature (top) and salinity 

(bottom): (A to D) Ctrl, (B to E) Lin2.0, and (C to F) Lin0.5. Dashed orange lines in the top left corner denote the zonally reentrant section above the seal and south of the 

continents. Blue squares indicate the sea ice extent.
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DISCUSSION

Here, we have shown that the temperature dependence of the TEC 
is key to favoring the formation of a beta ocean (stratified by salini-
ty) and largely controls the sea ice extent using a range of coupled 
ocean-atmosphere simulations. It was further shown that, even if a 
net freshwater flux in polar regions is necessary to form a halocline, 
it is not enough to maintain the beta stratification stable in the 
presence of intense surface cooling except maybe in geographically 
limited cold estuarine regions. Sea ice formation has long been 
noted to require beta ocean conditions to occur away from shallow 
areas (13, 24). The idea that a reduction of the TEC in the cold high 
latitudes could promote sea ice formation was even suggested 
(13, 20, 25), and it is demonstrated here.

The transition from alpha to beta stratification is not caused by 
cabbeling, contrary to previous suggestions (13). Cabbeling, also 
known as densification upon mixing, generates a convergence 
across the frontal boundaries as isopycnal mixing in the interior 

acts to densify seawater (26, 27). Rates of cabbeling depend on how 
fast the TEC varies with temperature; however, they also require a 
combination of eddy stirring and molecular diffusion to generate 
the convergence. That cabbeling may increase the abruptness of the 
transition from alpha to beta cannot be entirely discarded here; how-
ever, our results based on linear EOS simulations (thus entirely free 
of cabbeling by construct) show that cabbeling is not necessary for 
the existence of these transitions (Fig. 5).

This is consistent with recent numerical experiments showing 
that the transition zone in polar regions is set by an inversion of the 
mean surface buoyancy flux, linked to the drop in polar TEC value 
at low temperature (28) rather than cabbeling. This temperature de-
pendence of the TEC should also imply a weaker and more indirect 
role of the wind forcing on the position of fronts than previously 
hypothesized (29). The position of the transition zone can, however, 
be influenced by changes in the strength of the halocline, which can 
be driven by hydrological changes (30), ice shelf melting (31), or 
wind anomalies (32). This points toward a subtle, nonlinear inter-
play between heat and freshwater surface fluxes in controlling the 
meridional structure of the upper ocean stratification.

The idea that the TEC might have a global influence on the cli-
mate is, of course, not entirely new although not always explicitly 
acknowledged. Experiments using global atmosphere/ocean general 
circulation models can be found in the literature, where the global 
mean salinity (33, 34) or the global mean temperature (35) of the sim-
ulated ocean is artificially modified, indirectly modifying the ther-
mohaline range of water masses and, consequently, the way the TEC 
varies with temperature. Our simulations show that increased TEC 
values in the polar region, as may be found in warmer climates, are 
associated with colder and fresher deep water properties (Fig. 3). 
The ventilation is expected to be stronger in warm climates than in 
cold climates, as the polar halocline necessitates temperature near 
the freezing point to be maintained (36). This, in turn, may induce 
an anticorrelation between the global mean temperature and the 
carbon storage in the deep ocean, further amplifying climate changes. 
This mechanism has been suggested to explain the transition to the 
Pleistocene cycle of ice ages, 2.7 million years ago (37). This may 
also explain why salinity forcing seems to dominate during the Last 
Glacial Maximum, simply because it was in a colder state (38).

The large sensitivity of the global ocean structure and sea ice for-
mation to the TEC highlighted here has strong implications for how 
the ocean may respond to a climate change. If the position of the 
polar transition zone is controlled by the value of the TEC, itself 
mostly a function of the sea surface temperature, migrations of the 
transition zone between alpha and beta regions should be largely 
driven by the surface heat fluxes. This appears consistent with the 
current “atlantification” of the Eurasian Arctic basin, caused by a 
warming of the Atlantic inflows and producing a northward migra-
tion of the transition zone and a concurrent shrinking of the sea ice 
extent (39). On the other hand, the idea of an increased ventilation 
in a warmer climate (35, 36) somewhat contradicts the common in-
ference that global warming may induce a slowdown and even pos-
sibly a collapse of the Atlantic Meridional Overturning Circulation 
(40). The competing effects of freshening and warming in shifting 
the stratification control, particularly in the Nordic Seas (41, 42), 
need to be better understood to predict how polar climate changes 
affect the ventilation and overturning rates.

Our simulation with a uniform TEC corresponding to the present- 
day global ocean value ( = 2.0 × 10−4 °C−1) is warmer than the 

A

B

Fig. 5. Relative contributions of temperature and salinity on the stratification con-

trolled by the TEC. (A) Zonally averaged haline (N S  2) and thermal (N   2 ) buoyancy fre-

quencies averaged from the surface to bottom, shown for the control run and the 

three sensitivity experiments. (B) SCI computed using vertically and zonally averaged 

buoyancy frequencies. The mean SCI of Ctrl compares well with that of Lin0.5 in 

polar regions, especially in the southern ice-covered domain, but is closer to that of 

Lin2.0 and Lin3.5 in subtropical regions. These variations in SCI are consistent 

with changes in surface TEC in Ctrl related to sea surface temperature changes.
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control simulation by about 2°C and is totally ice free. Depending 
on estimates of the climate sensitivity (43), a decrease in atmo-
spheric CO2 by a factor of about 2 to 5 would be necessary to form 
sea ice with this uniform TEC (see the Supplementary Materials). 
All things equal (concentration of CO2 and other greenhouse gas, 
solar constant, continental distribution, etc.), the unique variation 
of the water TEC greatly facilitates the growth of sea ice, with a cas-
cading impact on global climate conditions. For example, by affect-
ing the stratification and rates of transport of essential nutrients 
such as phosphate, variations of seawater’s TEC constrain the ocean 
productivity (with feedbacks on the global carbon cycle), making it 
potentially relevant to habitability conditions in the presence of an 
ocean (44). These exoplanets that have attracted a lot of attention as 
salty (e.g., the presence of nutrient) oceans, in addition to being a 
favorable medium to harbor life, can significantly moderate climate 
response to changing astronomical parameters and therefore widen 
the habitable zone (45).

Our study highlights that estimates of habitable zone should 
avoid simplified linear EOS with constant TEC (34, 46). As shown 
by our simulations, neglecting the unique thermal expansion prop-
erties of seawater may significantly overestimate the global mean 
temperature and therefore underestimate the possibilities of a de-
scent into global glaciation with potential relevance to the transition 
toward and from snowball states (47, 48). Also, salinity of oceans 
may vary markedly over time (49) and between planets (50), affect-
ing the thermal sensitivity of the global ocean. Exploration of the 
full range of salinity and their climate impact will require to account 
for the full nonlinearity of the seawater EOS.

MATERIALS AND METHODS

Description of the climate model
Simulations are carried out with the MIT General Circulation Mod-
el (51), which solves for the three-dimensional circulation of atmo-
sphere and ocean and includes sea ice and land surface processes. 
The atmospheric physics is of “intermediate” complexity based on 
SPEEDY (52) at low vertical resolution (further details in the Sup-
plementary Materials). The configuration comprises two land-barrier 
masses defining a narrow Atlantic-like basin and a wide Pacific-like 
basin connecting to an unblocked Southern Ocean. Despite its sim-
plified geometry, the configurations include many of the essential 
dynamics that shape Earth’s climate system (e.g., hydrological cycle 
and storm tracks) (53). It also captures two key asymmetries: an asym-
metry between the two northern basins with the absence of deep 
water formation in the Pacific Ocean (54) and a north-south 
asymmetry between wind-driven gyres in the north and a vigorous 
Southern Ocean circumpolar current.

The barrier to the west of the small basin (analogous to the 
American continent) is extended with a submarine ridge between 
2000 and 4000 m in depth. This allows a northward propagation 
of bottom water produced in the south and a more realistic repre-
sentation of the bottom meridional cell than in previous reported 
simulations (54). Furthermore, a maximum sea ice concentration of 
90% is set in the model, and an ice thickness diffusion is applied to 
prevent the formation of ice caps that completely insulate the ocean 
from the atmosphere and ensure a more realistic production of bot-
tom waters in ice-covered areas.

In its reference configuration, the coupled model uses the stan-
dard EOS-80 for salty water, with potential temperature and practical 

salinity as prognostic variables (4). However, following recent rec-
ommendations (55), we will nonetheless interpret them as conser-
vative temperature (a quantity proportional to potential enthalpy 
with units of temperature) and absolute salinity (the grams of solute 
per kilogram of seawater), respectively. Note that quantitative dis-
crepancies between thermodynamic standards are small (<1%) and 
are not susceptible to modify the conclusions here.

Design of the sensitivity experiments
To test the sensitivity of the climate to the TEC value, we implement 
a linear EOS approximation

 model =  0(1 −  0 +  0 S) (6)

where 0, 0, and 0 are uniform globally. Having a linear EOS en-
ables us to investigate the effect of the TEC value at different lati-
tudes while keeping the analysis simple. We chose not to include a 
nonlinear term in the EOS, despite their potential impact on the 
global water mass distribution through cabbeling or thermobaricity 
effects (19), to better isolate the local impact of the TEC value on the 
surface buoyancy forcings and on the upper stratification.

We carry out the following experiments, which only differ by 
their EOS:

1) Ctrl: Control simulation with the nonlinear EOS-80; spin up 
of 9 thousand years (ka).

2) Lin2.0: Simulation with the linear EOS with 0 = 2.0 × 10−4 °C−1. 
The simulation is initialized from the end state of Ctrl and then 
run for 7 ka.

3) Lin0.5, Lin1.0, Lin1.25 and Lin1.5, and Lin3.5: Simulations with 
linear EOS with 0 = 0.5, 1.0, 1.25, 1.5, and 3.5 in units of 10−4 °C−1, 
respectively. These simulations are branched off from the end state 
of Lin2.0 and run for a minimum of 5 ka.

Note that the globally averaged TEC values in Ctrl (nonlinear 
EOS) and Lin2.0 (linear EOS) are very similar. The haline contrac-
tion coefficient is set to the constant 0 = 7.8 × 10−4 (g/kg)−1. The 
time series of the sea surface temperature and sea ice area are shown 
in figs. S1 and S2. Illustrations below use the past 50 years of each 
simulation.

SUPPLEMENTARY MATERIALS
Supplementary material for this article is available at https://science.org/doi/10.1126/

sciadv.abq0793
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